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Chemical and isotopic changes accompanying seawater-basalt interaction in axial midocean ridge 
hydrothermal systems are modeled with the aid of chemical equilibria and mass transfer computer 
programs, incorporating provision for addition and subtraction of a wide-range of reactant and product 
minerals, as well as cation and oxygen and hydrogen isotopic exchange equilibria. The models involve 
stepwise introduction of fresh basalt into progressively modified seawater at discrete temperature inter- 
vals from 100 ø to 350øC, with an overall water-rock ratio of about 0.5 being constrained by an assumed 
•80,2 o at 350øC of +2.0 per mil (H. Craig, personal communication, 1984). This is a realistic model 
because: (1) the grade of hydrothermal metamorphism increases sharply downward in the oceanic crust; 
(2) the water-rock ratio is high (> 50) at low temperatures and low (<0.5) at high temperatures; and (3) it 
allows for back-reaction of earlier-formed minerals during the course of reaction progress. The results 
closely match the major-element chemistry (Von Damm et al., 1985) and isotopic compositions (Craig et 
al., 1980) of the hydrothermal solutions presently emanating from vents at 21øN on the East Pacific Rise. 
The calculated solution chemistry, for example, correctly predicts complete loss of Mg and SO,• and 
substantial increases in Si and Fe; however, discrepancies exist in the predicted pH (5.5 versus 3.5 
measured) and state of saturation of the solution with respect to greenschist-facies minerals. The calcu- 
lated 6D.2 o is +2.6 per mil, in excellent agreement with analytical determinations. The calculated 
chemical, mineralogic, and isotopic changes in the rocks are also in good accord with observations on 
altered basalts dredged from midocean ridges (Humphris and Thompson, 1978; Stakes and O'Neil, 1982), 
as well as with data from ophiolites (Gregory and Taylor, 1981). Predicted alteration products include 
anfiydrite and clay minerals at low temperatures and a typical albite-epidote-chlorite-tremolite (green- 
schist) assemblage at 350øC. The models demand that the major portion of the water-rock interaction 
occur at temperatures of 300ø-350øC. Interaction at temperatures below approximately 250øC results in 
negative g•80.2 o shifts, contrary to the observed positive g•80 values of the fluids exiting at midocean 
ridge vents. Hydrogen isotope fractionation curves by Suzuoki and Epstein (1976), Lambert and Epstein 
(1980), and Liu and Epstein (1984), among others, are compatible with the model, and require 6D.2 o to 
increase at all temperatures as a result of seawater-basalt interaction. 
INTRODUCTION 
The discovery and subsequent sampling and analysis of sub- 
marine hot springs (e.g., at 13øN and 21øN on the East Pacific 
Rise (EPR)) provide an excellent opportunity for the devel- 
opment of theoretical models to describe the midocean ridge 
(MOR) alteration process. This is because the chemical and 
stable-isotope compositions of both the starting solution (sea- 
water) and the final hydrothermal endmember are well con- 
strained. In addition, the observed alteration products in the 
basalts provide data on chemical and isotopic gains and losses 
to the rock. 
Throughout the oceans, and in particular at the MOR 
spreading centers, the only important rock types are the 
characteristic, relatively uniform MOR-type basalts and 
gabbros made up of plagioclase + pyroxene + olivine + glass. 
Also, the initial water entering the hydrothermal systems is 
ocean water, which has had a fairly uniform g180, gD, and 
chemical composition over the course of geologic time. Thus, 
the simplicity and uniformity of the starting materials in sub- 
marine hydrothermal systems allow us to make very realistic 
calculations that have broader applicability than is the case 
for most active or fossil systems on continents. 
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Two major factors affect the outcome of water-rock interac- 
tions for a given initial composition of water and rock: tem- 
perature of interaction and water-rock ratio. These parameters 
can vary independently, and it is often difficult to assess the 
importance of each from the petrologic record alone. The pri- 
mary goal of this project is to utilize a reaction-path computer 
model that integrates both the chemical and stable isotope 
equilibria in an attempt to narrow down the possible paths 
seawater can follow in simultaneously producing the observed 
secondary alteration of basalt and the chemical and isotopic 
modification of the submarine hydrothermal fluids. A 'path' is 
defined as some combination of systematic and sequential 
change in temperature, pressure, and water-rock ratio during 
evolution of the fluids and rocks within the zone of hy- 
drothermal activity. The following are observational con- 
straints which should be met by the model. 
The mineralogical characteristics of seafloor basalts and 
their associated alteration products are described by lto and 
Anderson [1983], Humphris and Thompson [1978], and Rona 
[1978, 1976], among others. For example, the data of 
Humphris and Thompson [1978] provide a number of impor- 
tant constraints on the predictions of our computer models. 
They described two series of greenschist-facies (albite-chlorite- 
actinolite-epidote) rocks with minor amounts of quartz and 
pyrite, one a chlorite-rich, and another an epidote-rich assem- 
blage. Consistent with the results of laboratory experiments 
(see below), the chlorite-rich rocks exhibit a gain of Mg and 
H20 and a loss of Ca and Si, while the epidote-rich rocks 
exhibit slightly lower Mg contents and slightly higher Ca con- 
tents compared to unaltered basalt. Humphris and Thompson 
propose that the differences in rock type are a function of 
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temperature, water-rock ratio, composition of the circulating 
fluid, and rate of fluid flow relative to reaction rates. 
Ito and Clayton [1983] measured g•80 and gD values of 
altered gabbros dredged from the Mid-Cayman Rise in the 
Caribbean. These samples from the deeper parts of the ocean 
crust were altered at high temperatures (>350øC) and low 
water-rock ratios (<2). Stakes and O'Neil [1982] found that 
several rocks from the EPR and MAR were altered at 35 ø to 
350øC and water-rock ratios ranging from > 50 at low tem- 
peratures to ,-, 1 at high temperatures. The low-temperature, 
saponite-rich rocks are enriched in •80 compared to mid- 
ocean ridge basalt (MORB), and the high-temperature 
chlorite- and epidote-rich greenstones are depleted in •sO. 
The whole-rock glsO values range from +3.7 (ultramafic) to 
+ 10.1 per mil (saponite-rich pillow breccias); gD values range 
from -79 (saponite) to -13 per mil (epidote). Bdihlke et al. 
[1984] report g•80 as high as +24 for smectites and K- 
feldspar and q-30 for calcite in MOR basalts from DSDP 
cores. Estimated alteration temperatures range from 8 ø to 
50øC. 
An additional source of data is provided by mineralogical 
and isotopic studies of ancient oceanic crust, such as the 
Samail ophiolite in Oman [Greqory and Taylor, 1981; Stakes 
et al., 1984]. Whether they formed at midocean ridges or in 
back-arc spreading basins, such ophiolites clearly exhibit the 
effects of a fossil marine hydrothermal system that involved 
heated ocean water; such systems are probably similar to 
present-day MOR systems. Greqory and Taylor [1981] report 
a pattern of mineralogical alteration in the Oman ophiolite 
ranging from amphibole plus some chlorite and epidote in the 
high-level gabbros to common greenschist assemblages includ- 
ing actinolite, chlorite, saussurite, leucoxene and epidote in the 
aliabase, to zeolites and secondary carbonate in the pillow 
basalts. This is accompanied by whole-rock rS•sO values rang- 
ing from a high of about + 13 per mil in the pillow basalts to 
a minimum of about + 3.8 per mil at depths 1.5 to 2 km below 
the diabase-gabbro contact. 
Chemical and isotopic analyses of MOR hot-spring waters 
[Edmond et al., 1979; Edmond, 1980; Welhan and Craig, 1979; 
Craig et al., 1980; Craig, 1981; Michard et al., 1984; l/on 
Damm et al., 1985] provide a picture of the 350øC hy- 
drothermal endmember: magnesium and sulfate have been 
quantitatively removed; silica has reached a concentration 
controlled by quartz or amorphous silica saturation two 
orders of magnitude higher than in seawater; iron con- 
centrations are approximately six orders of magnitude higher 
than seawater; and pH has dropped off from a value of about 
8 for seawater to about 3.5. In addition, the g•80 and gD of 
seawater (which both start at zero per mil relative to standard 
mean ocean water (SMOW)) have increased in the hy- 
drothermal endmember to approximately + 2.0 and + 2.5 per 
mil, respectively [H. Craig, personal communication, 1984; 
Craig et al., 1980]. Because r5•80 is the one variable that is 
most simply and straightforwardly related to water-rock ratio, 
its value in the hydrothermal endmember is used to set the 
endpoint in the calculated reaction paths discussed below. 
Utilizing these starting conditions and constraints, we de- 
velop an integrated stable-isotope, chemical equilibria and 
mass transfer computer model based on the EQ3/6 computer 
software package [Wolery, 1978, 1979, 1983]. We then use this 
to calculate chemical and isotopic modifications of seawater 
together with mineralogical and isotopic alterations of fresh 
basalt, for comparison with the known petrology and chemis- 
try of seafloor hydrothermal systems. 
PREVIOUS WORK 
Laboratory Experiments 
Seawater-basalt interactions have been widely studied ex- 
perimentally. Bischoff and Dickson [1975] reacted seawater 
and basalt in a 10 to 1 mass ratio at 200øC and 500 bars. The 
resulting solutions and alteration mineral assemblages com- 
pared favorably to those observed in the Icelandic geothermal 
fields. Further experiments were designed to determine wheth- 
er the interaction of seawater and basalt could: (1) produce 
the types of metabasalts collected from midocean ridges and 
ophiolite complexes; (2) be responsible for fixing the con- 
centrations of some chemical species in seawater; and (3) pro- 
duce seafloor metalliferous deposits. 
Several additional experiments were conducted at various 
temperatures with diverse rock types (basalt, basalt glass, dia- 
base, peridotite) and over a range of water-rock ratios [Bis- 
choff and Rosenbauer, 1983; Seyfried and Mottl, 1982, 1977; 
Janecky, 1982; Seyfried and Bischoff, 1981, 1979, 1977; Sey- 
fried and Dibble, 1980; Mottl and Seyfried, 1980, 1977; Mottl et 
al., 1979; Bischoff and Seyfried, 1978, 1977; Mottl and Holland, 
1978; Mottl, 1976; Hajash, 1975]. A summary of the results of 
these experiments is given by Mottl [1983]. At water-rock 
ratios < 50, nearly all the dissolved Mg is removed from sea- 
water and taken up by secondary alteration minerals in the 
basalt, with a concomitant drop in pH. At higher water-rock 
ratios the removal is less complete, but still dramatic. The 
decrease in pH speeds up the alteration process, particularly 
the leaching of heavy metals. Seyfried and Mottl [1982] note 
that the additional H + ions are consumed during alteration of 
the primary silicates, resulting in competing effects on the pH. 
Thus, once the Mg ++ concentration drops to a low value, the 
pH increases rapidly back to a value near neutrality as a result 
of continued silicate hydrolysis. 
In addition to Mg removal, various experiments indicate 
removal of some Na + at low water-rock ratios and addition of 
Ca + + to the solution (leaching of Ca + + from primary silicates 
balances the removal of Mg ++ to alteration phases [Mottl 
and Holland, 1978; $eyfried and Bischoff, 1981]). In these aque- 
ous solutions, dissolved silica contents are commonly near the 
level of quartz saturation. 
Although the laboratory experiments have worked out 
fairly well in producing aqueous solutions similar to those 
observed in the Icelandic geothermal fields, the Galapagos 
Rift and the East Pacific Rise, poor agreement is observed 
between the rock alteration assemblages produced in the lab- 
oratory and the known mineralogy of altered oceanic rocks 
[Mottl, 1983]. Greenschist-facies basalts are most often either 
chlorite- or epidote-rich [Humphris and Thompson, 1978], 
while laboratory alteration products are most often smectite- 
rich. Nucleation difficulties and kinetics may in part explain 
these discrepancies. Note that a recent experiment by Seyfried 
and Mottl [1982] resulted in the formation of a mixed-layer 
smectite-chlorite during a reaction of basalt glass with seawa- 
ter. 
Thermodynamic Calculations 
In addition to laboratory experiments, the consequences of 
water-rock interaction can be calculated with the aid of 
chemical equilibria and mass transfer computer programs 
using thermodynamic data for minerals and solutions. How- 
ever, although fairly realistic calculations have been carried 
out for cation species in minerals and aqueous fluids [Wolery, 
1978; danecky, 1982; Reed, 1983], up to the present no one 
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has performed similarly detailed calculations for •80/•60 or 
D/H. 
Wolery [-19781 revised and extended the mass transfer com- 
puter program of Helgeson •19681 and Helgeson et al. [-19701 
to calculate chemical equilibria among aqueous and mineral 
phases in basalt-seawater systems. He conducted a computer 
experiment in which seawater was heated from 0 ø to 350øC at 
500 bars, the results of which compared favorably with the 
experimental results of Bischoff and Seyfried [-1978•. In addi- 
tion, the experiment accurately reproduced changes in compo- 
sition of the solution, including an acidic pH at T > 200øC. 
Differences between the computer calculations and the results 
of the laboratory experiments were attributed to lack of equi- 
librium in the experiments, sluggish reaction rates in experi- 
ments at T < 150øC [Seyfried, 1976], and inaccuracies in the 
thermodynamic data for important species in the theoretical 
calculations. 
Wolery [1978] also calculated solution composition 
changes and rock alteration accompanying reaction of sea- 
floor basalt with seawater in isothermal, closed systems at 500 
bars and various temperatures from 0 ø to 340øC. Among the 
alteration minerals predicted were smectites, chlorites, kaolin- 
ite, muscovite, albite, quartz, anhydrite, dolomite, calcite, and 
several iron and copper sulfides. 
More recently, Janecky [1982] used EQ3/6 to calculate 
mineralogical and chemical changes attending seawater- 
periodite interaction at 300øC and 500 bars, employing experi- 
mentally determined relative dissolution rates for the common 
peridotite minerals. Substantial agreement was found between 
the experiments and the calculations for both the solution 
composition trends and for the precipitates. Reed [1983] has 
modeled deposition of massive sulfides in fluids derived from 
high-temperature seawater-basalt interaction followed by 
cooling of the fluid and subsequent mixing with seawater. 
Oxygen Isotope Modeling 
Previous computer models of oxygen isotope mass transfer 
among minerals and aqueous solutions include those ad- 
vanced by Cathles [1983], Parmentier [1981], and Norton and 
Taylor [1979], none of which took into account the detailed 
variations in product and reactant mineral phases. Cathles 
modeled •80, anhydrite, and silica redistribution in a hy- 
drothermal system and compared the results to the Kuroko 
massive sulfide deposits. Kinetic constraints and formation 
permeabilities were considered, and the calculated whole-rock 
6•80 anomalies howed a pattern similar to those associated 
with the Fukazawa massive sulfide deposit in Japan. Norton 
and Taylor [1979] analyzed fossil geothermal systems associ- 
ated with the Skaergaard intrusion, using a numerical ap- 
proximation of heat and mass transport [Norton and Knight, 
1977] and porosity and permeability [Norton and Knapp, 
1977-1, which permitted simulation of the thermal history and 
pattern of energy loss during crystallization of this layered 
gabbro. In this system, little or no mineralogical change oc- 
curred in the gabbro, and Norton and Taylor [1979] were thus 
able to make a close match between their calculated 5•80 
values and the measured 5•80 of Taylor and Forester [1979] 
for the principal rock types in and around the intrusion. Al- 
though that study was quite successful, particularly in predict- 
ing permeabilities of large masses of rock in the earth's crust, 
neither it nor the study by Parmentier [1981] attempted to 
account for any secondary alteration minerals, or take into 
account the consequences that formation of large amounts of 
such alteration products would have on the chemical and 
oxygen isotope mass balances. 
DESCRIPTION OF COMPUTER PROGRAMS 
AND DATA BASES 
Computer Modeling 
The EQ3/6 package used in the present study was devel- 
oped by Wolery [1978, 1979, 1983]. EQ3 computes a 
distribution-of-species in the aqueous solution and generates 
concentrations and activities of ions and complexes; it then 
calculates which, if any, of the mineral phases are saturated 
with respect to the solution. EQ6 then calculates chemical 
equilibrium and mass transfer in aqueous solution-mineral 
systems. These programs are similar to, and derivative from, 
those of Helgeson [1968] and Helgeson et al. [1970]. Math- 
ematical equations describing mass action, mass balance, 
charge balance, and nonideality are solved at each step in the 
reaction progress (for each increment of reactant phases added 
to the solution) with a Newton-Raphson technique. 
EQ6 includes provision for: (1) variations in temperature, 
(2) variable rates of titration of reactants, (3) suppressed for- 
mation of undesired precipitates (this allows, for example, for- 
mation of kinetically favored, although thermodynamically 
metastable phases), and (4) reaction in either a closed-system 
or open-system mode. 
The closed-system model is directly applicable to hy- 
drothermal bomb experiments. Reactant solid phases are titra- 
ted at specified relative rates into solution, and the chemical 
composition of the solution is progressively modified by disso- 
lution of the reactant phases, as well as by precipitation and 
dissolution of product phases, which remain in the system and 
continue to take part in the equilibria. The reaction progresses 
until equilibrium is completely attained. 
In contrast to the situation described above, dissolution of 
product phases is not allowed in the "simple" open-system 
model. Secondary phases are instantaneously removed from 
the system as they precipitate to simulate a packet of fluid 
flowing through unaltered, pristine rock composed only of the 
reactant phases. In this case, the alteration products do not 
interact with the system after they have formed, and they are 
assumed to be left behind in the hydrothermal conduit. In this 
paper, we have not made any model calculations of this type, 
because we feel that a "complex" open-system model is more 
realistic. The "complex" open-system is one in which products 
are periodically removed from the system (for example, at 
specified temperature intervals), but also one in which the 
product minerals remain available between these intervals, 
where they can dissolve or otherwise take part in the equilib- 
ria of the system. 
Thermodynamic Data Base 
The thermodynamic properties of a large number of min- 
erals are either well known [Helgeson et al., 1978; Robie et al., 
1978], or can be estimated [Wolery, 1978]. Except for a few 
clays, chlorites, and epidotes whose compositions are listed in 
Figure 10, the chemical formulas for all minerals considered in 
this study are standard end-member compositions; they are all 
given in the work of Helgeson et al. [1978] and Wolery 
[1978]. Wolery's data indicate that clays remain stable at tem- 
peratures as high as 350øC, although mineralogical studies of 
oceanic rocks indicate the occurrence of chlorites rather than 
clays at high temperatures. Thus in the present work, forma- 
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Experimentally and empirically determined equilibrium Fig. 1. 
oxygen isotope fractionation curves employed in our calculations, 
plotted as a function of temperature. Quartz-H20, Clayton et al. 
[1972]; anhydrite-H20, Chiba et al. [1981]; magnesite-H20, Perry 
and Tan [1972]; calcite-H20, O'Neil et al. [1969]; albite-H20, O'Neil 
and Taylor [1967]; smectite-H20, Yeh and Savin [1977]; 
muscovite-H20, O'Neil and Taylor [1969]• zoisite-H20, Matthews et 
al. [1983c]; anorthite-H20, Matthews et al. [1983b]; kaolinite-H20, 
Kulla and Anderson [1978]; serpentine-H20, Wenner and Taylor 
[1971]; magnetite-H20, Becker [1971]. 
tion of smectites has been suppressed at temperatures of 
200øC and above. 
In addition to the above-mentioned thermodynamic data 
for minerals, recent studies have provided solid-solution 
models for some of the important minerals, e.g., epidote [Bird 
and Helgeson, 1980] and chlorite rStoessell, 1984]. However, 
the EQ3/6 computer program does not contain adequate pro- 
vision for solid solutions at the present time. Inclusion of 
nonideal solid solution models in the calculations would im- 
prove the predictive ability of the models. 
Thermodynamic data for water and aqueous species are 
taken from Helgeson and Kirkham r1974a, b-I, Helgeson et al. 
[1981], and Helgeson [1969]. Additional data for aqueous 
complexes have been compiled by Wolery and he supplies 
supporting data files for EQ3/6 which cover a temperature 
range of 0 ø to 300øC (extended to 350øC where data are avail- 
able or extrapolated if necessary) at a pressure corresponding 
to the water-steam saturation curve. All calculations in the 
present work were carried out at 500 bars. Thermodynamic 
data for the complexes were generated at 500 bars by applying 
the isodielectric correction suggested by Helgeson [1969]. The 
thermodynamic data base we are using for this work has al- 
ready been tested extensively in theoretical calculations, and it 
typically yields remarkably good agreement with observations. 
For example, theoretical modeling of porphyry copper ores in 
Butte, Montana by Brimhall and Ghiorso [1983] and Brimhall 
[1980, 1979], and of serpentinization of peridotites by Janecky 
[1982], and water-sediment interaction in Guaymas basin by 
Bowers et al. [1985] has provided an excellent match with 
observed mineral assemblages. 
Isotopic Fractionation Factors 
The integration of 180/160 and D/H isotope mass distri- 
butions into EQ6 requires an additional data base composed 
of the equilibrium fractionation factors for x80/160 and D/H 
exchange among minerals and water as a function of temper- 
ature. Mineral-mineral and mineral-H20 fractionation curves 
for oxygen isotopes are well known for a large number of 
geologically important systems. Experimentally determined 
and calculated 180/160 fractionation factors (through 1976) 
for 180 exchange between H20 and calcite, dolomite, anhy- 
drite, quartz, K-feldspar, plagioclase, muscovite, paragonite, 
biotite, magnetite, pyroxene, garnet, amphibole, and elivine 
are summarized by Friedman and O'Neil [1977]. More recent 
papers include Kulla and Anderson [1978] (kaolinite), Chiba et 
al. [1981-] (anhydrite), and Matthews et al. [1983a, b, c] 
(quartz, albite, anorthite, jadeite, diopside, wollastonite, cal- 
cite, and zoisite). Empirically determined 180/160 frac- 
ticnation factors are available over limited temperature ranges 
for kaolinite, serpentine, chicrite, gibbsite, illite, and smectite 
[Savin and Epstein, 1970a, b; Wenner and Taylor, 1971; Law- 
rence and Taylor, 1971; Eslin•ler and Savin, 1973; Yeh and 
Savin, 1977, 1976; O'Neil and Kharaka, 1976; O'Neil and 
Taylor, 1969]. Oxygen isotope fractionation curves employed 
in this study (Figure 1) can be represented by 
10 3 In 0•min_H20 = a + b(-•) 
• •min -- •H20 '-- Amin - H20 (1) 
where b = 0 for the curves which plot as straight lines. Be- 
cause a variety of simple relationships exist between x80/160 
fractionation and mineral structures [e.g., Taylor and Epstein, 
1962; O'Neil et al., 1969], minerals for which no experimental 
180/160 data are available can be assigned the fractionation 
curves of chemically or structurally similar compounds. Al- 
though the calculations presented below involve extrapolation 
of several curves beyond the temperature range for which they 
were determined, differences of only 1 to 3 per mil arise for 
even the most poorly defined A18Ornin_H20 values; such uncer- 
tainties make little difference in the outcome of the calcula- 
tions. 
D/H fractionation factors of mineral-H20 systems are less 
well-defined than those for oxygen isotopes. Several curves are 
shown in Figure 2 for micas and amphiboles [Suzuoki and 
Epstein, 1976], kaolinite, illite, montmorillonite, gibbsite [Lam- 
bert and Epstein, 1980; O'Neil and Kharaka, 1976; Lawrence 
and Taylor, 1972, 1971; Savin and Epstein, 1970a], epidote and 
zoisite [Graham et al., 1980], and serpentine [Sakai and Tsut- 
sumi, 1978; Wenner and Taylor, 1973]. Some of these curves 
and individual data points are incompatible (e.g., 
kaolinite-H20 and chrysotile-H20). These problems are a re- 
flection of the difficulty of the experiments, the large effects 
that changes in chemical composition of a mineral have on its 
D/H fractionation and the ambiguity associated with hy- 
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Fig. 2. Summary of experimental and empirical determinations of equilibrium hydrogen isotope fractionation curves 
as a function of temperature. Size of the box symbols represents approximate rror. SNT, Sheppard et al. [1969]; SaE, 
Savin and Epstein [1970a-I; LT, Lawrence and Taylor [1971]; WT, Wennet and Taylor [1973]; OK, O'Neil and Kharaka 
[1976]; SE, Suzuoki and Epstein [1976]; ST, Sakai and Tsutsumi r1978,1; GSH, Graham et al. r1980]; LE, Lambert and 
Epstein [1980]. 
drogen occurrence in more than one structural OH site in 
some minerals, e.g., chlorites. 
Because of the above problems, we somewhat arbitrarily 
developed a consistent set of fractionation factors for D/H 
fractionatio n between minerals and H•_O, requiring exclusion 
of some of the available data. The curves used in this study are 
shown in Figure 3, and their positions on the diagram are 
based primarily on the observations of Suzuoki and Epstein 
[1976], Lambert and Epstein [1980], and Liu and Epstein 
[1984]. Between 450 ø and 800øC these fractionation factors 
are approximately linear on a plot of 1IT 2, and the D/H 
fractionations relative to H20 for two minerals of constant 
but differing composition plot as parallel lines (i.e., the frac- 
tionation between the two minerals is independent of temper- 
ature). These relationships can be expressed as 
103 In 0•min_H20 •--- a + •,'•Tj (2) 
which is the same expression used for most •sO/•60 frac- 
tionation curves. At temperatures between 450 ø and 400øC the 
curves deviate from the linear dependence on 1IT 2 and a pos- 
sible reversal in slope is indicated. Lambert and Epstein [1980] 
discuss approximate fractionation factors for kaolinite-H20 
between 25 ø and 400øC obtained empirically from kaolinites 
in hydrothermally altered rocks of the Vailes Caldera. These 
have been substantiated experimentally by Liu and Epstein 
[1984]. Below 230øC the curve is linear with respect o 1IT 2 
(equation (2)). The curve then goes through a maximum at a 
temperature around 230øC and has a positive slope between 
230 ø and 400øC. This ties in with the positive slope exhibited 
at temperatures below 400øC for the micas and amphiboles. 
Deuterium fractionations between minerals and water can ap- 
parently be best represented by curves that change slope twice, 
with a negative slope at both high and low temperatures and a 
positive slope at intermediate temperatures. The high- 
temperature reversal in slope occurs close to 374øC, the criti- 
cal temperature of water. 
We have chosen to represent the fractionation factors of all 
the OH-bearing minerals except epidote as three straight-line 
segments with a maximum at 245øC and a minimum at 374øC 
(Figure 3). This representation results in larger inaccuracies in 
the fractionation curves in the temperature neighborhood of 
the extrema, but it has little effect on the outcome of the 
calculations presented herein, because the important feature of 
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Fig. 3. Approximated equilibrium hydrogen isotope fractionation 
curves employed in our calculations, based on the data shown in 
Figure 2. The curve labeled 1 corresponds to the fractionation be- 
tween H20 and muscovite, paragonite, beidellites, margarite and 
prehnite; 2, kaolinite, phlogopite, saponites, tremolite and talc; 3, 
chrysotile, clinochlore, amesite and antigorite; 4, annite, minnesotaite, 
nontronites and daphnite; and 5, epidote. 
the curves is that the aqueous fluid concentrates deuterium 
relative to OH-bearing minerals throughout the temperature 
range of interest, and the typical fractionations are on the 
order of 20 to 60 per mil. The epidote curve determined by 
Graham et al. [1980] and used for this study shows no temper- 
ature dependence above 260øC and a large slope between 260 ø 
and 150øC. Note that the hydroxyl position in the epidote 
structure is considerably different than that of most of the 
common silicate minerals. 
Figure 3 exhibits four parallel curves displaying two ex- 
trema. The top curve corresponds to muscovite (pure A1- 
endmember of the mica series), the second curve to both 
phlogopite (pure Mg-endmember) and kaolinite, the third to 
serpentine and magnesium chlorites, and the lowest curve to 
annite (pure Fe-endmember) and iron-chlorites. In the temper- 
ature range of interest, the kaolinite curve may be the best 
constrained of the four, based on the work of Liu and Epstein 
[1984] and Lambert and Epstein [1980], and the low- 
temperature portions of the mica curves are assumed to be 
parallel to the kaolinite curve. The phlogopite and kaolinite 
curves roughly coincide so they are shown as one curve. The 
serpentine curve corresponds approximately at low temper- 
atures to empirical fractionation factors determined by 
Wennet and Taylor [1973]; however, at higher temperatures 
the Wenner-Taylor curve has been changed to follow the ex- 
trema pattern established by the mica and kaolinite curves. 
Smectites contain OH-groups in structurally similar sites to 
those in mica. Therefore, beidellites have been assigned to the 
muscovite curve, saponites to the phlogopite curve, and non- 
tronites to the annite curve. 
Chlorites present a problem in that there are no empirically 
or experimentally determined fractionation factors, and they 
show a wide range of A1 contents and contain OH-groups in 
two different structural sites; this causes difficulty in predicting 
the fractionation curves. Because of the two distinct OH sites 
and the resulting differences in bond strength, chlorites that 
are compositionally similar to micas will probably exhibit 
slightly lower •D values than the micas [$uzuoki and Epstein, 
1976]. We have therefore assigned Mg-chlorites to the serpen- 
tine curve and Fe-chlorites to the annite curve. 
MATHEMATICS OF INCORPORATION OF OXYGEN 
AND HYDROGEN ISOTOPES IN EQ6 
In contrast to the simplistic way in which isotopic modeling 
of hydrothermal systems has been done in the past, in this 
study we wish to take into account as many aspects of the 
formation of secondary mineral phases as possible. EQ3/6 
allows us to determine exactly how the production or dissolu- 
tion of each mineral will affect the overall transfer. For exam- 
ple, if there is an approximately 1:1 replacement of a primary 
mineral by a secondary phase for which the A•80 frac- 
tionation happens to be zero, there obviously will be no net 
change in the •xso of the fluid. As water-rock ratios are often 
calculated on the basis of oxygen isotope exchange without 
regard to the effects of secondary mineral formation, incom- 
plete or erroneous information may result. 
Water-rock ratios have often been calculated from oxygen 
isotope analyses of whole-rocks and fluid, using a simplified 
material-balance procedure [Taylor, 1974, 1977], where for a 
closed system 
•rock f -- •rock i 
W/R =gH20' -- (•rock s -- A) (3) 
where A = grockS--gH20 s. This model requires adequate 
knowledge of both the initial (i) and final (f) isotopic states of 
the system. Taylor [1977] suggests that it is a reasonable 
approximation to set g•SOrock equal to rS•so of plagioclase. 
This procedure was followed by the East Pacific Rise Study 
Group [1981] in an estimation of water-rock ratios for the 
350øC hydrothermal fluids venting at 21øN on the EPR. They 
calculate water/plagioclase of about 1.7 which gives W/R • 1. 
However, at the relatively low temperatures of the EPR solu- 
tions (< 350øC), secondary alteration minerals are ubiquitous; 
therefore, approximating the altered basalt as plagioclase gives 
a poor representation of518Orock . 
Possible mechanisms of isotopic exchange between minerals 
and H20 include solution-precipitation (rccrystallization) pro- 
cesses and diffusion. Solution-precipitation has been observed 
attending isotopic exchange by several workers; recent scan- 
ning electron microscope and rate studies by Matthews et al. 
[1983a, b, c] demonstrate that solution-precipitation is the 
major mechanism of isotopic exchange in quartz-, 
wollastonite-, diopsidc- and zoisite-watcr reactions in the lab- 
oratory. Experimental work by O'Neil and Taylor [1967], 
Yund and Anderson [1974], and Matthews et al. [1983a], as 
well as calculations by Cole et al. [1983], indicate that the 
dominant mechanism of isotopic exchange is by dissolu- 
tion/precipitation reactions when the fluids and minerMs are 
out of equilibrium, but that a much slower, diffusional mecha- 
nism takes over once chemical equilibrium has been achieved. 
For the purpose of modeling isotopic exchange with EQ6 
we chose to ignore diffusional mechanisms and concentrate 
only on solution-precipitation. EQ6 utilizes stepwise dissolu- 
tion of reactants that remain out of chemical equilibrium with 
the rest of the system (fluid + product mineral). If reactants 
are also out of isotopic equilibrium with the system, their 
dissolution results in unequal additions of each isotope to the 
mass balances of the equilibrium system. Subsequently formed 
product minerals precipitate in isotopic equilibrium with the 
fluid. 
Conservation of mass of the isotopes of an element is a 
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logical additional step to the conservation f charge and mass 
of each element that currently serve as constraints for the 
mass transfer calculations performed by EQ6. If the initial 
fluid is undersaturated with respect to all possible products, 
after the first increment of reactants has been added to the 
system, the r5•80 of the system at • (reaction progress vari- 
able) can be expressed as 
F•O H20 1 $ t•18OH20(•ø ) + • n o' 80, (4) 
• • 80s(•) = no no s
where 
= F•O H20 no s + • no' (5) 
where no "2ø represents the moles of oxygen in the fluid phase, 
n o' is the moles of oxygen in reactant phase r, and no s denotes 
moles of oxygen in the entire system. •o represents one •-step 
before the present value of •, in this case, the initial state of 
the system prior to any dissolution of reactants. Note that (4) 
and (5) together with the following equations can readily be 
written for hydrogen (or other) isotopes as well, but for the 
sake of simplicity the procedure is shown only once, for 
oxygen. 
As long as no products form, t5•80 of the fluid registers only 
the response to dissolution of the reactants, and r5•8Os(• ) = 
rSx8OH2o(• ). As soon as products form, rSx80 s must be redis- 
tributed between the fluid and these product phases according 
to 
1 
nøH2ø tS'8OH:o(•) + • • noVtS•8On(•) (6) t518Os(•) = nos no s
where no s has the same value as in (4) but no H:ø has been 
modified by the precipitation of products, and g•8OH: o and 
g•80 n at • must now be calculated from equilibrium frac- 
tionation curves for the product minerals and H20. Equation 
(6) can be rewritten as 
a18Os(•) = • •O H20 
tlOs 
1 
tS•8On•o(•) + • • nøn F/O s
ß [(1000 + t•18OH20(•) ) 0•n_H20 -- 1000] (7) 
where 
1000 + a18Op(•) (8) %,-H20 = 1000 + •18OH20(•) 
Equation (7) can be solved for r51sO.2o(•), and rS•8On( 0 is 
subsequently calculated from (8). 
The next incremental step in reaction progress involves ad- 
dition of isotopes through dissolution of reactants to an equi- 
librium system already containing products. If the entirety of 
these products is retained in isotopic equilibrium, redistri- 
bution of the isotopes is calculated in the following manner: 
•O H20 
•18Os(• ) a18 o = Omo(• )
•O s 
1 180• 1• + - • no•a + • noVa•8Ov(• ø) (9) •O s •O s 
where 
no "2ø (10) no s= + • no' + • no n 
r p 
no' refers to moles of oxygen in reactants added in this in- 
cremental step only, no n refers to moles of oxygen in product 
phases precipitated prior to this step (at •ø), and t5•80.• o and 
t5•80 n retain their values calculated from (7) and (8). A new 
value of t518Os(•) is computed from (9) and used in (7) to 
redistribute the isotopes among product phases (including the 
current increment to the products) and fluid. Note that in the 
case described above the entire product phase is reequilibrated 
with the fluid at each step in the reaction progress, resulting in 
its uniform isotopic composition. In contrast, products will be 
isotopically zoned if only the additional increment to the 
product phase at a given step of reaction progress is con- 
sidered to be in isotopic equilibrium with the fluid. The small 
chemical affinities of isotopic reactions suggest this likelihood 
[Walther and Rye, 1982]. However, for simplicity we have 
assumed uniform isotopic composition of products because 
very little zoning of isotopes would develop in an isothermal 
reaction. 
The underlying assumptions of this model are that isotopic 
equilibrium is achieved as fast as chemical equilibrium, and 
that there is no net flux of •80 either into or out of the system, 
other than that achieved through dissolution of reactants or 
removal of product phases from the system. This also signifies 
that isotopic exchange with undissolved reactants (in this case, 
mineralogically unaltered basalt) is not considered, i.e., no dif- 
fusion. In other words, if there is no recrystallization, there is 
no isotopic exchange; at the relatively low temperatures con- 
sidered here, this seems to be a realistic assumption. 
A further assumption is that the composition of the fluid 
has no effect on the degree to which it fractionates isotopes. 
Taube [1954] and Truesdell [1974] have in fact shown that 
this is not strictly true. The value of A solution-water for 1 to 
4 molal solutions of KC1, CaC12 and MgC12, for example, may 
vary from approximately -2 to +2 per mil. However, this 
variance shows no clear relationship to temperature and is 
therefore difficult to incorporate mathematically into the 
model; in any case NaC1 is the most worrisome impurity in 
natural hydrothermal fluids, and addition of this salt has a 
negligible effect [Taube, 1954; Kendall et al., 1983-1, contra- 
dicting the observations of Truesdell [1974]. 
MODEL CALCULATIONS OF SEAWATER-BASALT 
INTERACTION 
Startinq Compositions 
The chemical composition of seawater is well known (Table 
1' see Von Damm et al. [1985]). Seawater has a high pH 
(--• 7.8), is supersaturated with respect to dissolved oxygen, and 
at 2øC (temperature of deep ocean water) is also super- 
saturated with respect to dolomite and quartz. These minerals 
are not precipitating from seawater at 2øC, presumably be- 
cause of kinetic inhibitions. Oxygen and hydrogen isotopic 
5-values of deep ocean water are very uniform at zero per mil, 
relative to SMOW. 
We have chosen to use the same basalt starting composition 
employed by Wolery [1978]. The composition shown in Table 
2 corresponds to sample V25-RD1-T3, a fresh basalt from the 
Mid-Atlantic Ridge reported by Miyashiro et al. [1969], modi- 
fied to contain 1100 ppm sulfur. This value is midway in the 
range from 680 to 1800 ppm described by Moore and Fabbi 
[1971] and Mathez [1976] for fresh basalt glasses, and is se- 
lected based on a linear relationship between Fe and S con- 
centrations proposed by Mathez [1976]. Typical fresh MOR 
basalts have very uniform 518 0 = + 5.7 _+ 0.2. 
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TABLE 1. Chemical and Isotopic Composition of Seawater, of the Calculated Hydrothermal Fluids at Various 
Temperatures, and of the 350øC East Pacific Rise (21øN) Hot Spring Fluids 
Elements Concentration, mmol/kg 
or 
Species Seawater (2øC) 100øC 150øC 200øC 250øC 300øC 350øC EPR Fluid 
Na 463. 476. 484. 503. 527. 542. 607. 430-510 
C1 540. 541. 541. 545. 550. 553. 574. 490-580 
K 9.8 0.743 2.20 4.96 9.22 15.1 29.1 23-26 
AI 2.0x 10 -5 2.1 x 10 -3 0.134 0.716 2.63 5.00 0.179 0.004-0.005 
Si 0.18 0.471 2.11 3.85 6.14 7.27 11.6 15-20 
Mg 52.6 2.43 5.2 x 10 -2 4.8 x 10 -2 2.1 x 10 -2 1.1 x 10 -2 9.8 x 10 -2 0 
Fe 1.5 x 10 -6 4.4 x 10 -3 4.3 x 10 -• 2.6 x 10 -3 2.2 x 10 -3 0.191 63.2 0.7-2.5 
Ca 10.2 48.3 33.4 18.9 8.11 1.04 0.774 11-20 
SO d 28. 18.5 5.69 1.5 x 10 -9 0 0 0 0 
H2S 0 1.7 x 10 -• 6.9 x 10 + 3 0.419 2.31 5.72 14.2 6-9 
pH 7.8 6.38 6.31 5.99 5.80 5.98 5.67 3.3-3.8 
log fo2 - 1.24 - 51.5 -45.0 -44.4 -40.2 - 36.3 - 32.1 - 30.9 
•80 0.0 -0.126 -0.202 -0.107 0.145 0.508 2.02 2 
rSD 0.0 0.021 0.022 0.200 0.406 0.721 2.67 2.5 
Pathlines in Open Versus Closed Systems 
In nature, the interaction of basalt with heated seawater 
takes place as neither a perfectly open system nor a perfectly 
closed system in the sense defined above in the discussion of 
the EQ6 model. A packet of seawater being heated and react- 
ing with fresh basalt at some temperature can perhaps be 
envisioned in this way: as temperature increases with depth 
and proximity to the ridge axis, this packet of seawater will 
presumably move along a pathline downward and inward 
toward the heat source (MOR), and along the way it should 
encounter some relatively unaltered basaltic material. On the 
other hand, it will also encounter basalts altered to varying 
degrees by earlier packets of seawater that have passed 
through the system. The assumption is made here that EPR- 
type hydrothermal fluids result h'om interaction of seawater 
with basalt along a steep temperature gradient where fresh 
basalt is being continually supplied to the system (i.e., by mag- 
matism at the ridge axis). In contrast, off-axis hydrothermal 
circulation probably entails low-temperature alteration of ba- 
salts previously altered at higher temperatures. This latter sce- 
nario is not considered in the present study. 
Whatever the values of parameters such as temperature or 
water-rock ratio, two things seem certain. (1) The alteration 
process should not be modeled simply as a closed system 
undergoing a stepwise temperature increase where all newly 
formed alteration products are available for back-reaction at 
higher temperatures. (2) It should also not be modeled as a 
"simple," or perfectly open system where all secondary min- 
erals formed are instantaneously removed from the system, 
with no back-reaction whatsoever being allowed. Utilizing the 
above constraints, together with the capabilities and limi- 
tations of the EQ6 model, the following path of seawater- 
basalt interaction is used as the basis for the calculations. 
Interaction of unaltered seawater and fresh basalt is as- 
sumed to begin at 100øC, and an arbitrary amount of basalt is 
dissolved isothermally into one kilogram of seawater using the 
EQ6 closed system model. Note that this solution- 
redeposition procedure requires that the basalt reacts homo- 
geneously with seawater. At present, no provision is made for 
the probability that some components of the basalt will alter 
more rapidly than others, or that some components will un- 
dergo isotopic exchange more easily. Product minerals form 
as a result of the 100øC interaction, and they may back-react 
at any given stage in the reaction progress that they become 
unstable, all under isothermal (100øC) conditions. Once the 
specified amount of fresh basalt and newly-formed alteration 
minerals have completely reacted, all solid phases are removed 
from the system and the packet of exchanged seawater (which 
is now somewhat modified both chemically and isotopically, 
and which may be less than one kilogram as a result of hy- 
dration reactions) is heated up to 150øC. No reaction with 
basalt is considered uring the heating stage. However, note 
that simply heating the solution from 100 ø to 150øC may 
result in supersaturations of some minerals; in our model 
these are precipitated at the beginning of reaction with basalt 
at 150øC, implying that the concentrations ofcertain species in 
solution at the initiation of the 150øC step may be slightly 
different from their values at the end of the 100øC step. At 
150øC, after the chemical species in the fluid are redistributed 
according to the new equilibrium conditions, the packet of 
(modified) seawater is again allowed to react isothermally with 
fresh basalt in a closed system. 
In the above scenario, seawater reacts isothermally with 
fresh basalt at each increment in temperature. We continue 
this procedure in steps of 50øC to the final temperature of 
350øC. Back-reaction of the exchanged fluid with alteration 
products occurs during each isothermal stage of the reaction; 
however, at the conclusion of reaction at each temperature 
step, all secondary minerals are removed from the equilibrium 
system. This corresponds to a progressively decreasing water- 
rock ratio with increasing temperature (more precisely, it is an 
TABLE 2. Calculated Chemical Compositions (wt %) of the 
Predicted Hydrothermally Altered Basalts at the End-Points 
of the Various Temperature Steps Described in the Text 
Oxide 100øC 150øC 200øC 250øC 300øC 350øC V25-RD1-T3 
SiO 2 47.57 47.25 49.21 49.25 49.54 49.80 49.87 
A1203 15.00 14.95 15.50 15.49 15.56 15.71 15.70 
FeO 0.62 0.63 6.54 7.75 7.38 7.93 8.24 
Fe203 9.59 9.57 3.31 2.04 2.49 1.51 1.40 
MgO 15.09 8.25 8.27 8.28 8.32 8.36 8.37 
CaO 2.71 12.56 10.90 10.81 10.78 10.65 10.66 
Na20 1.42 2.14 2.68 2.63 2.76 2.81 2.93 
K20 1.69 0.0 0.15 0.12 0.08 0.15 0.21 
H20 4.16 2.40 3.26 3.55 3.02 2.99 1.00 
S 1.18 1.27 0.18 0.08 0.07 0.09 0.11 
Sample V25-RD1-Te [Miyashiro et al., 1969] represents the unal- 
tered basalt. 
BOWERS AND TAYLOR' CHEMICAL AND ISOTOPIC MODEL OF HOT SPRINGS 12,591 
increasing rock-water ratio, in the way the titration in the 
computer calculation is actually carried out, as more and 
more fresh rock is added to the initial kg of seawater). Predic- 
tions of the model are dependent on the amount of rock inter- 
acting with fluid at each temperature, and this parameter can 
be varied in different models. Also, different paths of temper- 
ature and water-rock ratio can be tested for agreement with 
the analytically determined chemical and isotopic compo- 
sitions of the EPR hydrothermal system. 
The computational procedures outlined above represent a 
realistic compromise between the constraints of the EQ6 
models and actual MOR hydrothermal systems. Our calcula- 
tions produce a vertically stratified oceanic crust in which the 
grade of hydrothermal metamorphism increases downward, as 
it should. The model also has the advantage that at the start- 
ing point of each successive temperature step, the only reac- 
tant material that has changed its chemical and isotopic com- 
position is the fluid. This means that the reader can more 
readily visualize what is going on at each temperature interval 
than if we had substituted some arbitrary, path-dependent, 
altered basaltic material at the start of each step. For example, 
by the time one had traveled through several temperature 
steps in any of several more complex types of temperature- 
composition paths that one might imagine, it would be diffi- 
cult not to lose sight of which parameters are most important 
in producing specific cause-and-effect relationships. There are 
so many variables and so many possible paths that even if a 
good isotopic and chemical match were to be made between 
calculation and observation, it would be difficult to single out 
the critical features of the models. 
Temperatures of Reaction 
We have made a somewhat arbitrary selection of 100øC as a 
starting temperature for our calculations, even though data 
such as those of Bb'hlke et al. [1984] and Stakes and O'Neil 
[1982] document formation of alteration phases at temper- 
atures below 100øC. We can do this because the effect of 
low-temperature interaction on a given packet of seawater is 
small as a result of kinetic factors and the high water-rock 
ratios involved at the lower temperatures. Only minor errors 
are introduced by neglecting interaction at temperatures 
below 100øC in our calculations. 
An upper limit of approximately 350øC is imposed on our 
model because of present constraints on the thermodynamic 
data base, but this limit seems appropriate for several other 
reasons as well. The exiting solutions at 21øN on the EPR are 
the highest-temperature fluids (350øC _+ 5 ø) yet measured at 
midocean ridges. Recently, higher temperatures have been re- 
ported by Delaney et al. [1984] and Kim et al. [1984], but 
these measurements have yet to be substantiated. Von Damm 
et al. [1985] calculate temperatures at depth for the EPR vent 
fluids assuming adiabatic cooling and using silica con- 
centration in the fluids as a geobarometer. This procedure 
indicates a depth of reaction of 0.5 to 2.0 km beneath the 
seafloor, which corresponds to maximum temperatures before 
adiabatic cooling of approximately 355ø-365øC. Von Damm et 
al. [1985] note that ocean bottom seismic data at 21øN [Rie- 
desel et al., 1982] indicate that most seismic events occur at 
about these same depths, and this is interpreted to be the 
maximum depth of large-scale hydrothermal circulation. The 
rapid exit velocities proposed by MacDonald et al. [1980] for 
vent fluids suggest that the fluids could cover the distance 
from depth in a few minutes, making it highly unlikely that 
substantial heat would be lost during the ascent. Conse- 
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Fig. 4. Calculated volume percent of alteration phases predicted 
to form as the result of seawater-basalt interaction at I•øC, plotted 
as a function of log reaction progress where log • = 0 corresponds to 
216.0 grams of basalt dissolved in 1 kg of seawater. PY, pyrite; 
NONT, nontronite; PA, paragonite. 
quently, at least at 21øN it appears that, even at depth, the 
fluids were never much hotter than 350øC. 
Further support for our assumed range of temperatures 
comes from the estimates of Lister [1982] and Mottl [1983]. 
Also, Norton [1984] has shown that the transport properties 
of pure H20 (buoyancy, viscosity, etc.) go through extrema 
near the critical point (374øC); this leads to relatively rapid 
convection at such temperatures, explaining why this is a com- 
monly observed upper limit in explored hydrothermal systems 
(e.g., EPR, Salton Sea, Larderello). 
Although we are assuming in our model that the MOR 
fluids have been at maximum temperatures on the order of 
350ø-365øC, this does not apply to all submarine hy- 
drothermal systems, and indeed there is evidence that much 
higher-temperature, sub-seafloor hydrothermal circulation 
must exist. For example, Gregory and Taylor [1981] estimate 
that hydrothermal circulation locally occurred at a depth of 
more than 5 km in the Samail Ophiolite, at temperatures 
greater than 500ø-600øC, similar to values estimated by Stakes 
et al. [1984] for gabbros from the Indian Ocean. Gregory and 
Taylor [1981] and Bischoff and Rosenbauer [1984] suggest 
that the deeper penetration and higher temperatures occur 
predominantly within the layered gabbros and along the sides 
and beneath the axis magma chamber, and therefore are not a 
part of the venting axial system such as that from which the 
21 øN fluids are being collected. 
RESULTS OF THE COMPUTER MODEL 
General Statement 
There exist essentially an infinite number of possible 
temperature/water-rock ratio paths, only a few of which are 
considered in the present study. However, most of these possi- 
ble paths can be rejected because they do not result in the 
simultaneous occurrence of the necessary mineralogical, 
chemical, and isotopic characteristics actually observed in the 
basalts and hydrothermal fluids. Thus, after several iterations 
and adjustments, we settled on a particular path and final 
end-point that fits most of the available observational data; 
the results are shown in Figures 4 to 20. The path was initiat- 
ed with one kilogram of seawater heated to 100øC. 26.6 grams 
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Fig. 5. Calculated volume percent of alteration phases predicted 
to form at 150øC from interaction of basalt with a fluid of compo- 
sition corresponding to the results of the 100øC calculation shown in 
Figure 4, plotted as a function of log reaction progress. PY, pyrite; 
HM, hematite; PARAG, paragonite. 
of fresh basalt were dissolved into the seawater at 100øC, 32.5 
grams at 150øC, 216.0 grams at each of 200 ø, 250 ø, and 300øC, 
and finally, 1080.2 grams were added at 350øC. A total of 
1787.4 grams of basalt were thus added to the kilogram of 
seawater over the entire temperature range, resulting in a final 
(overall) water-rock ratio of approximately 0.56 (weight units). 
It is important to understand that although we are con- 
cerned specifically with calculating a plausible pathline for a 
particular fluid packet that circulates downward close to the 
roof of a MOR magma chamber and which then exits at 
350øC on the seafloor, the end-points of the calculations at 
each intermediate temperature step also provide insight into 
the overall alteration of the oceanic crust. For example, a 
significant proportion of the sea water that is heated to 150øC 
or 200øC will migrate either upward or laterally, possibly exit- 
ing at the sea floor in off-axis effluent; only a small quantity 
will circulate to still greater depths and ultimately exit at 
350øC from a MOR vent. The whole-rock isotopic compo- 
sitions and the mineral assemblages at the end-points de- 
scribed below will adequately describe each depth-segment of 
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Fig. 6. Calculated volume percent of alteration phases predicted 
to form at 200øC from interaction of basalt with a fluid of compo- 
sition corresponding to the results of the 150øC calculation shown in 
Figure 5, plotted as a function of log reaction progress. PY, pyrite; 
HM, hematite; TREM, tremolite; QTZ, quartz; AB, albite. 
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Fig. 7. Calculated volume percent of alteration phases predicted 
to form at 250øC from interaction of basalt with a fluid of compo- 
sition corresponding to the results of the 200øC calculation shown in 
Figure 6, plotted as a function of log reaction progress. The dashed 
curve represents volume of alteration minerals at any stage as a frac- 
tion of the total volume of alteration minerals produced during the 
entire isothermal reaction interval. 
the oceanic crust, if there is continued flushing of the bulk 
oceanic crust by such fluids, up to the characteristic water- 
rock ratio derived for each temperature-depth step. 
Results of the model calculations are dependent on the end- 
point of each temperature step, and selection of these end- 
points therefore involves the use of several criteria. At 350øC, 
the model reactions were stopped when 6•80 of the fluid 
reached the observed value of + 2.0 per mil, and if the predic- 
ted 6D of the fluid, the solution chemistry, or the mineralogy, 
was not substantially in agreement with MOR systems, the 
entire temperature-path was considered to be inadequate. The 
input parameters were then modified and the calculations re- 
peated until substantial agreement was obtained. However, no 
isotopic constraints exist for any of the intermediate temper- 
ature steps, so other criteria that were used included relative 
changes in isotopic values of the fluid, direction of change in 
the pH, and reasonableness of predicted mineral assemblages. 
For example, at 100 ø and 150øC •180.20 is decreasing, and 
300øC 
I001 MArGArinE 
ol- 
60 
40- 
20- 
0 
-7 
I 
-6 
CLINOZOISITE 
Fig. 8. Calculated volume percent of alteration phases predicted 
to form at 300øC from interaction of basalt with a fluid of compo- 
sition corresponding to the results of the 250øC calculation shown in 
Figure 7, plotted as a function of log reaction progress. TREM, 
tremolite. 
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FiBure 8, plotted as a Fu•ctio• oF lo8 reactio• •rosr•ss. 
phlo8opite; CNL, cblorite; (A), amesite; (D), dapN•ite; PAR, paras- 
o•ite; •TZ, quartz; EP, epidote. 
pH at high values of reaction progress begins to increase rap- 
idly; neither trend is desirable. In addition, at 100øC epidote is 
predicted at high log • values, and because epidote does not 
typically form at temperatures as low as 100øC, the end-point 
can be justifiably assigned to a lower value of log •. The end- 
point at 150øC is set right before the onset of a very rapid 
increase in pH. 
Reaction at 200 ø, 250 ø, and 300øC is uniformly stopped at 
log • = 0, after the development of epidote-tremolite-chlorite- 
albite assemblages. There is little point in advancing these 
temperature steps to higher values of log • because the rate of 
change in 6•80.2o is too slight for it to reach its ultimate 
desired value; in addition, further reaction continues to in- 
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Fig. 10. Summary of predicted alteration phases as a function of 
temperature, corresponding to those shown in Figures 4 to 9. Min- 
erals included here but not shown in Figures 4 to 9 comprise less than 
1-2 volume percent of the alteration assemblage. Mg-saponite, 
Mg. 165 Mg3(AI.33Si3.67010)(OH)2; Ca-saponite, Ca.•65Mg 3 
(A1.33Si3.67Olo)(OH)2; Mg-nontronite, Mg. x6sFe 2 (AI.33Si3.67010) 
(OH)2; Ca-nontronite, Ca.•65Fe2(A1.33Si3,670•0 ) (OH)2; amesite, 
Mg,•AI2(A12Si20•o)(OH)8; daphnite, F%AI(A1Si3Oxo)(OH)8; clino- 
zoisite, Ca2A13Si3Ot2(OH); epidote, Ca2FeA12Si30•2(OH ). 
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Fig. 11. Calculated 6t sO whole-rock of the predicted mineral as- 
semblages shown in Figures 4 to 9 as a function of log reaction 
progress. Contours are temperature in øC. The horizontal dashed line 
at 6•80 = + 5.8 is the assumed tsO/t60 ratio of the initial basalt. 
crease pH. Reaction at 350øC, as noted above, is allowed to 
proceed only as far as the log • value corresponding to 
6•80.,.o - + 2.0 per mil. It is important to note that in addi- 
tion to the major set of calculations presented in Figures 4 to 
20, many "dead-end" paths with different end-points at each 
temperature step were tested and rejected during the course of 
this work. 
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Fig. 12. Calculated whole rock 5D of the predicted mineral as- 
semblages shown in Figures 4 to 9 as a function of log reaction 
progress. Contours are temperature in øC. The 200øC curve begins at 
log • •,- -4.6 because no H-bearing alteration products are predicted 
to form earlier in the reaction progress. 
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Fig. 13. 6D versus 6x80, modified after Figure 1 of Stakes and 
O'Neil [1982]. Saponite, amphibole, epidote, and chlorite fields from 
oceanic dredge hauls are from Stakes et al. [1984] and Stakes and 
O'Neil [1982]. Rectangular symbols represent he range of calculated 
6D and 6•80 values for alteration assemblages hown in Figures 4 to 
9 for a given temperature in øC. The high calculated 6D values rela- 
tive to observation at 100 ø and 150øC result from the lack of con- 
sideration of an Fe-saponite end member in the thermodynamic data 
base and the sensitivity of 6D of OH-bearing minerals to changes in 
Fe/Mg (see text). 
Mineralogy 
The calculated modal mineralogy of the alteration assem- 
blages produced at the various temperature steps is shown as 
a function of log reaction progress (log •) at 100 ø, 150 ø, 200 ø, 
250 ø, 300 ø, and 350øC (Figures 4 to 9). A summary of all 
mineral phases calculated for the entire temperature range is 
given in Figure 10. Minerals shown in Figure 10 but not in the 
corresponding Figures 4 to 9 were predicted to appear in 
quantities less than 1 or 2 volume percent and thus could not 
be shown with clarity on these figures. 
Seawater is supersaturated with respect to dolomite at 
100øC, just as it is at 2øC, and as a result dolomite forms a 
large proportion of the early alteration at 100øC. A small 
amount of anhydrite forms toward the end of the 100øC calcu- 
lation, and it is a major precipitate at low values of reaction 
progress at both 150 ø and 200øC. 
As reaction progress increases, the Ca-uptake in the anhy- 
drite and dolomite is switched over to Ca-smectites and epi- 
dote, while SO4 is reduced and pyrite forms. Abundant smec- 
tite forms at 100 ø and 150øC; at 200øC and above, precipi- 
tation of smectites is (purpoSely) suppressed in the computer 
model, and chlorites take their place. At low values of reaction 
progress (equivalent to high water-rock ratio) Mg-rich sapon- 
itc is the primary smectite. As the Mg concentration decreases 
with further reaction, Mg-rich saponite is replaced by Ca-rich 
saponite, and this is joined at 150øC by Ca-rich nontronite. 
Chlorite forms over the entire temperature range; Mg-rich 
chlorite (amesitc) forms at 100 ø and 150øC, as well as at low 
values of reaction progress at 300 ø and 350øC, and Fe-rich 
chlorite (daphnite) forms above 200øC, at higher values of 
reaction progress than for amesitc. 
Muscovite and paragonitc (sericite) both occur over the 
entire temperature range, but muscovite dominates at 100øC 
and paragonitc at 150 ø to 350øC. Quartz is predicted as a 
precipitate occasionally, and although it does not have a large 
field of stability in these diagrams, Si concentrations in solu- 
tion a•c• often at values close to quartz saturation. Epidote and 
albite are major precipitates late in reaction progress from 
150 ø to 350øC. Note that the computer program contains no 
provision for solid solution between clinozoisite and epidote, 
and as a result either or both phases can appear in the calcula- 
tions. Talc and its replacement remolite (serving as a proxy 
for actinolite) are predicted from 200 ø to 350øC. 
The relative size of the area occupied by a phase from left to 
right across each of the Figures 4 to 9 does not represent he 
relative amounts of those phases formed (because volume per- 
cent rather than total volume is plotted on the ordinate). The 
total volume of alteration phases increases approximately 
logarithmically from left to right. The dashed logarithmic 
curve shown in Figure 7 displays this, where if 100 equals the 
total volume of alteration minerals at log • = 0, the volume of 
minerals formed at any value of log • < -2 is too small to be 
shown on the scale. For example, the large field occupied by 
tremolite at 250øC and low values of log • is somewhat mis- 
leading; it is large merely because no other alteration products 
are forming and the small amount of tremolite therefore repre- 
sents 100% of the alteration. 
Our model allows dissolution of products during a given 
temperature step (see above). This means that a predicted 
TEMPERATURE, øC 
350 300 250 200 150 I00 
25 
Fig. 14. Equilibrium oxygen isotope fractionations as a function 
of temperature for various minerals. The vertical bars represent the 
range of values of whole-rock t5•80 minus 6•8OH2o calculated for the 
predicted alteration assemblages hown in Figures 4 to 9 at various 
temperature steps. The long-dashed line is drawn through the set of 
vertical bars, and approximately corresponds to the equilibrium 
oxygen isotope fractionation between "altered basalt" and H20. Note 
that the vertical bars at 150 ø and 200øC are above the dashed line, a 
result of the large amounts of anhydrite predicted to form at these 
temperatures. Solid curves for anhydrite, smectite, muscovite, epidote 
and chlorite are taken from Figure 1. The short-dashed curve refers to 
a smectite-H20 curve determined by Cole [1980]. 
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Fig. 15. Ca concentration (mmol/kg) and pH of the evolving solu- 
tion in equilibrium with mineral assemblages shown in Figures 4 to 9, 
plotted as a function of log reaction progress. Contours are temper- 
ature in øC. The pH of a neutral solution at various temperatures is 
shown along the right-hand-side of the diagram; note that neutral pH 
steadily decreases at higher temperatures up to about 250øC, so that 
at their end-points all of the calculated fluids are mildly alkaline. 
alteration product can back-react and may be destroyed and 
replaced by another phase once it becomes unstable (e.g., an- 
hydrite and amesite at 100øC and 150øC; talc at 200øC to 
350øC). However, in reality a given phase is probably only 
partially replaced and any of the alteration products predicted 
at a particular temperature are likely to persist. 
The secondary phases shown in Figures 4 to 9 agree well 
with observations of altered basalts sampled from the seafloor. 
For example, saponite-rich pillow breccias are common at low 
temperatures (<200øC) in seawater-dominated systems (wa- 
ter/rock > 50; Stakes and O'Neil [1982]), and both chlorite- 
rich and epidote-rich pillow basalts were described by 
Humphris and Thompson [1978]. Anhydrite is frequently de- 
scribed in samples from active chimneys on the EPR [Styrt et 
al., 1981; Oudin, 1983; Haymon, 1983]; however, because of its 
retrograde solubility it is presumed to have been redissolved 
by cold seawater, and is thus not commonly observed in 
dredged samples. Figure 4 of Mottl [1983] shows an overview 
of the most common alteration phases and their relative pro- 
portions as a function of water-rock ratio. Note that the rela- 
tive proportions of chlorite, epidote, actinolite and albite at 
low water-rock ratios shown by Mottl [1983] correspond 
almost exactly to the relative amounts of the same phases 
predicted by our computer model at 350øC, shown in Figure 
9. 
Bulk chemistry in terms of the oxides can also be deter- 
mined for the alteration assemblages predicted by the model 
above to facilitate comparison with the chemical changes ob- 
served in altered basalts, as summarized by Mottl [1983] and 
Humphris and Thompson [1978]. Table 2 shows the oxide- 
distribution of a rock representing the alteration assemblage 
present at the conclusion of each of the isothermal calcula- 
tions from 100 ø to 350øC. The composition of the fresh basalt 
starting material from Miyashiro et al. [1969] is also shown. 
The difference in composition between the fresh basalt and the 
altered rock is most dramatic at the 100øC step, whereas at 
350øC the fresh and altered basalts are chemically nearly in- 
distinguishable. The reason for this effect is that by the time 
that the high-temperature step is reached, the water-rock 
ratios are much lower and the aqueous fluid has thoroughly 
exchanged with the basalt; thus, most of the chemical changes 
in the basalts occur at 100ø-150øC and high water-rock ratios. 
At 100øC the altered basalt shows a substantial gain in Mg, 
considerable loss of Ca, and a larger proportion of oxidized 
Fe. In addition, the altered rock at 100øC shows some loss of 
Na, gain of K, and gain of H20. These computer-generated 
compositions agree quite well with the rocks described by 
Mottl [1983] as chlorite-quartz rich, which he concluded 
probably formed at high water-rock ratios. The altered rocks 
predicted at high temperature (200ø-350øC) are chemically 
very similar to the fresh basalt, but show a slight loss of Fe 
and a gain in H20 content, in agreement with the chlorite- 
quartz poor rocks described by Mottl. Mottl [1983] reports 
that these rocks also typically show either small gains or 
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Fig. 16. Na, K, Mg and A1 concentrations (mmol/kg) of the 
evolving solution in equilibrium with mineral assemblages shown in 
Figures 4 to 9, plotted as a function of log reaction progress. Con- 
tours are temperature in øC. 
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Fig. 17. Log oxygen fugacity and SO 4, H2S, Fe and Si con- 
centrations of the evolving solution in equilibrium with mineral as- 
semblages shown in Figures 4 to 9, plotted as a function of log 
reaction progress. Contours are temperature inøC. 
losses of Mg and small losses of Ca. Humphris and Thompson 
[1978] present similar results, including evidence for takeup of 
Mg and H20 into altered basalts and loss of Ca and Si, all of 
which are typical of the low-temperature assemblages predic- 
ted by our computer model. In general, the agreement in bulk 
chemistry between the predictions made in this study and the 
observations of midocean ridge samples is quite good. 
Isotopic Systematics in the Altered Rock 
Oxygen and hydrogen isotopic values are generated as a 
function of temperature and reaction progress for each predic- 
ted mineral product. f•80 and fD can be calculated from the 
modal abundances of the product minerals in the altered 
whole-rock, R (assumed to include no residual fresh basalt), by 
the following relationship' 
• noVf•80•, 
f•8OR = v (11) E no v 
p 
and a corresponding expression for fiD. The results of this 
calculation for f•80 and fD of the altered whole-rock are 
shown in Figures 11 and 12. The mineral assemblages corre- 
sponding to these curves can be determined by comparison of 
Figures 11 and 12 with Figures 4 to 9 at the appropriate 
temperature and value of reaction progress. The whole-rock 
isotope curves are quite sensitive to the identity of the min- 
erals which they represent. For example, at 100øC f•8OR is 
high at low values of reaction progress, corresponding to the 
presence of dolomite as the major alteration phase (Figure 4). 
This is attributable to the large equilibrium value of 
Adolomite_.2 o (Figure 1). When significant amounts of saponite 
and chlorite form, f•80• drops by several per mil reflecting 
the lower Amin-.2o values of chlorite and smectite. The mini- 
mum in the 100øC f•80 curve at log • • -3.2 corresponds to 
the point in Figure 4 where the abundance of chlorite reaches 
a maximum; this is caused by the fact that the equilibrium 
Achlorite_H20 value is lower than any of the other A values 
(Figure 1), except for hematite-H20 and magnetite-H20 (and 
these oxide minerals do not form abundant alteration prod- 
ucts). 
The value of f•80• generally decreases with increasing tem- 
perature, as is expected because of the accompanying decrease 
in Amin_.2 o. However, at low values of reaction progress be- 
tween 250 ø and 350øC, f•80• shows the opposite trend. This 
is again attributable to the identity of the alteration products; 
tremolite-H20 at 250øC has a lower A than does epidote-H20 
at 300øC. The f•80 (and fD) values calculated for higher 
values of reaction progress (log • > • -3) may be taken as 
most representative of altered basalts at the corresponding 
temperatures, because the alteration is more pervasive and 
thus better represents an average of true altered basalts than 
do assemblages consisting ofonly one product. f•80• curves 
at 250ø-350øC at log • > • -1 show a moderately increas- 
ing trend with increasing reaction progress, and the highest 
value of f•8OR at 350øC is higher than any value at 300øC and 
almost equivalent to the highest value at 250øC. This trend of 
increasing f•80, with reaction progress along each isothermal 
temperature step is attributed to a corresponding increase in 
6•80.= o, because by material balance at 250ø-350øC both the 
H20 and the altered rock can increase in f•80 as a result of 
the continued contribution to the system of fresh rock that is 
5.8 per mil higher in x 80 than the initial seawater. 
The fid curves shown in Figure 12 are even less regular 
than the f•80 curves; again, the variations may be attributed 
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Fig. 18. fixso of the evolving solution in equilibrium with mineral 
assemblages formed at the various temperature steps shown in Fig- 
ures 4 to 9, plotted as a function of log reaction progress; the 
coexisting mineral assemblages have the isotopic ompositions given 
in Figure 11. Contours are temperature in øC. The star corresponds 
to 5x80 of the 21øN MOR fluid as determined by H. Craig (personal 
communication, 1984). 
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Fig. 19. gD of the evolving solution in equilibrium with mineral 
assemblages formed at the various temperature steps shown in Fig- 
ures 4 to 9, plotted as a function of log reaction progress; the 
coexisting mineral assemblages have the isotopic compositions given 
in Figure 12. Contours are temperature in øC. The star corresponds 
to gD of the 21øN MOR fluid as determined by Craig et al. [1980]. 
primarily to the identity of the minerals making up the alter- 
ation assemblage. At high values of reaction progress there is 
a generally decreasing trend of •iD with temperature from 150 ø 
to 350øC, corresponding roughly to the similar trend in frac- 
tionation factors shown in Figure 3. 
Figure 13 shows a comparison of •i•80 and •iD values for 
altered basalts calculated from our computer model with 
analyses of altered basalts from the EPR and MAR [Stakes 
and O'Neil, 1982] and the Indian Ocean [Stakes et al., 1984]. 
This figure is after Figure 1 of Stakes and O'Neil [1982]. The 
high-temperature calculations agree reasonably well with ob- 
servations on greenschist-facies basalts; however the 100 ø and 
150øC calculated fields are considerably richer in •iD than the 
saponite-rich pillow breccias analyzed by Stakes and O'Neil. 
There are two major reasons for the •iD discrepancy. The 
•iD of OH-bearing minerals is quite sensitive to changes in 
Fe/Mg and Fe/A1 (see above), and even small amounts of Fe 
substitution into the octahedral sites in the clays will signifi- 
cantly reduce the •iD signature of the clay. The computer 
model correctly predicts the occurrence of saponites at low 
temperatures, but there is no provision for clay solid solution 
in the models, nor is there an Fe-saponite end member in the 
thermodynamic data base. As a result, the predicted saponites 
are Mg- and Ca-rich and their calculated •iD values are higher 
than those observed for natural oceanic saponites containing 
some iron substitution. Even though the low-temperature •iD 
calculations are less than perfect, this causes negligible change 
in the overall results of the calculations for •iD.2 o (see below), 
because most of the modifications in •i•80.2 o and •iD•o take 
place at higher temperatures at relatively low water-rock 
ratios. 
In addition to isotopic analyses of midocean ridge altered 
basalts, ophiolites provide an added source of isotopic data 
for comparison with the calculations presented here. Oxygen 
and hydrogen isotopic studies of ophiolites by Javoy [1970], 
Magaritz and Taylor [1974, 1976], Spooner et al. [1974], 
Heaton and Sheppard [1977] and Gregory and Taylor [1981] 
have been summarized by Taylor [1983]. Ophiolite pillow 
lavas have typical 6•80 values from + 10 to + 16, closely 
corresponding to 6•80 values calculated from our model at 
100ø-150øC. Sheeted diabases and high-level gabbros range 
from about + 3 to + 10, corresponding to the model calcula- 
tions at > 200øC. Chlorites and amphiboles in the ophiolite 
complexes cover a 6D range from about -65 to -35 per mil, 
corresponding very well with the 250ø-350øC range of 6D 
values generated in our model. 
An average basalt-H20 oxygen isotope fractionation curve 
can be approximated from our model. The range of A•soR_.:o 
values (excluding some from low values of reaction progress 
where alteration had not advanced significantly) are plotted 
on Figure 14 as a function of temperature. Equilibrium frac- 
tionation curves for An5o plagioclase, anhydrite, smectite, epi- 
dote, muscovite and chlorite from Figure 1 are included for 
reference. A dashed line is drawn approximately through the 
middle of the calculated Aalteredbasalt_H20 values, and this repre- 
sents the altered basalt-H20 •80/•60 fractionation. Compari- 
son of this curve with the curve for muscovite shows their 
similarity, particularly at low temperatures. The 
muscovite-H20 fractionation was suggested by Spooner et al. 
[1977] to be a plausible approximation of the basalt-H20 
fractionation. Note that the dashed curve in Figure 14 lies 
closer to the smectite curve at low temperatures and to the 
chlorite curve at high temperatures, reflecting the relative con- 
tributions of smectite and chlorite to the alteration mineral 
assemblage at low and high temperatures, respectively. The 
range of calculated 6•80 values at 150 ø and 200øC are some- 
what above the dashed curve. The high values are a result of 
the large amounts of anhydrite predicted to form at these 
temperatures and thus are not truly representative of altered 
basalts containing no anhydrite. 
For comparison, the smectite-H20 fractionation curve 
derived by Cole [1980] from 6•80 analyses of seawater-basalt 
350 
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Fig. 20. As a function of water-rock ratio in weight units (solid 
curves), this figure shows the •80 and •iD of the evolving solution in 
equilibrium with the mineral assemblages hown in Figures 4 to 9' 
the latter have the isotopic compositions given in Figures 11 and 12. 
Dot-dash curve for 6•80 represents a second calculated H20 
temperature/water-rock path where more interaction is considered at 
lower temperatures (see text). The dashed curves represent approxi- 
mate extrapolations of 6•80.2o and 6Dn2o if reaction is limited to 
maximum temperatures of 250 ø or 300øC. 
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experiments is also shown in Figure 14. Cole's curve was used 
to represent he •80/•60 fractionation during basalt-seawater 
interaction by Cathles [1983] in his isotopic modeling of the 
hydrothermal systems that formed massive sulfide deposits in 
the Hokuroku Basin in Japan. Note that the curve of Cole 
[1980] is several per mil higher than the curve for basalt-water 
approximated from our model, and that its slope is less steep 
than nearly all of the experimentally determined fractionation 
curves for minerals. Cole [1980] gives no reason why his curve 
is so drastically out of step with all other experimental data, as 
well as with data and inferences from natural occurrences. It is 
well known that A18Oquartz_H20 exhibits the largest frac- 
tionation observed in any silicate-H20 system [Taylor and 
Epstein, 1962; Matthews et al., 19836; Friedman and O'Neil, 
1977], and yet the Cole [1980] A•aO .... tite-H20 values are even 
bigger than any of the published A18Oquartz_H20 values. We 
thus feel justified in rejecting the Cole [1980] curve. 
Solution Chemistry 
Calculated dissolved concentrations of several elements, to- 
gether with SO4 and H2S concentration, pH, and log fugacity 
of oxygen as a function of reaction progress and temperature 
are shown in Figures 15, 16, and 17. Many of the trends agree 
with those exhibited in laboratory experiments. A large pro- 
portion of these curves, for example potassium (Figure 16), 
show no change in concentration from the end of a given 
temperature step to the beginning of the next higher temper- 
ature step. However, the concentrations of certain species drop 
over the course of the heating interval, when supersaturations 
occur. Examples include the drop in SO4 concentration 
(Figure 17) from the 100øC temperature step to the start of the 
150øC temperature step as a result of anhydrite precipitation, 
and the drop in A1 concentration (Figure 16) from the 300øC 
step to the start of the 350øC step as a result of precipitation 
of clinozoisite and paragonite. 
Mg concentration (Figure 16) decreases from 52.6 to 2.4 
mmol/kg at 100øC as a result of its uptake into Mg-rich clay 
and chlorite alteration phases. This process is approximately 
charge-balanced by an increase in Ca concentration in solu- 
tion from 10.2 to 48.3 mmol/kg (Figure 15) over the same 
range of reaction progress at 100øC. Reaction at 150øC com- 
pletes Mg removal, resulting in a final Mg concentration of 
•0.005 mmol/kg. Charge balancing of Mg removal by Ca 
replacement in solution was also observed in laboratory ex- 
periments by Mottl and Holland [1978] and Seyfried and Bis- 
choff [19813. 
Ca concentration increases slightly with Mg removal at 
150øC, and subsequently decreases due to precipitation of an- 
hydrite, a phenomenon also observed in several laboratory 
experiments summarized by Mottl [1983]. Ca concentration 
continues to drop with increasing temperature, predominantly 
as a result of its uptake into epidote and tremolite. The initial 
increase of Ca in solution, followed by its decrease, corre- 
sponds well to observations by Humphris and Thompson 
[1978]. They found that the chlorite-rich assemblages show 
significant depletions in Ca relative to unaltered basalt, while 
the epidote-rich assemblages (which presumably formed at 
higher temperatures and lower water-rock ratios) show little 
change. 
Seawater sulfate is removed by anhydrite precipitation 
below 200øC (Figure 17). At 200øC the remaining sulfate is 
reduced to sulfide, which remains the dominant sulfur species 
in solution at higher temperatures. The reduction corresponds 
to a drop in oxygen fugacity of approximately 5 log units, also 
shown in Figure 17. The increasing concentration of sulfide in 
solution from 200 ø to 350øC is a result of contributions of 
sulfur from the fresh basalt, dampened by removal of sulfide 
into pyrite and pyrrhotite. Fugacity of oxygen is initially quite 
high because seawater is supersaturated with respect to 
oxygen; however, reaction with only a small amount of basalt 
overcomes this supersaturation and log oxygen fugacity drops 
markedly, from • -0.8 to -,- - 51.0 at 100øC. 
Na and K concentrations increase in solution largely as a 
result of their removal from basalt; some Na is taken up in the 
development of albite as an alteration phase, and even less K 
is consumed by the precipitation of minor amounts of K-mica. 
Dissolved Si (Figure 17) in the hydrothermal fluid increases at 
every temperature step. The fluid attains equilibrium with 
quartz at 200 ø and 350øC during a portion of the reaction 
progress path (hatchured on the diagram), and it is close to 
quartz saturation at intermediate temperatures as well. 
The Fe concentration (Figure 17) increases dramatically 
over the course of reaction, from an initial value of • 1.5 
X 10 -6 mmol/kg in unaltered seawater to as high as 60 
mmol/kg at the conclusion of the 350øC calculation. This re- 
quires substantial leaching of Fe from basalt, although some 
Fe is consumed in the production of products such as non- 
tronite at low temperature and Fe-rich chlorite (daphnite) at 
high temperature. A1 concentration (Figure 16) varies con- 
siderably over the course of reaction, showing an increasing 
trend at temperatures up to 300øC, and then dropping dra- 
matically at 350øC. 
The influence of a particular process (dissolution, precipi- 
tation, hydrolysis, electrical balancing of Mg uptake) on pH is 
difficult to ascertain, because these processes are occurring 
simultaneously with possibly opposite effects. Calculated vari- 
ations in pH as a function of temperature and reaction 
progress are shown in Figure 15. At 100øC, the initial pH of 
---6.0 corresponds to that calculated from a distribution-of- 
species in the solution at 100øC, disallowing any precipitation 
from supersaturations at that or lower temperatures. Predic- 
tions based on laboratory experiments summarized by Mottl 
[1983] suggest a drop in pH during the stage at which Mg is 
being taken up by a Mg(OH)2 component of the alteration 
assemblage, followed by a rebound to near neutrality by sub- 
sequent consumption of H + in silicate hydrolysis reactions. 
The calculations presented here show pH decreasing at 100øC 
over the range of reaction progress where Mg concentration 
remains high (log • < -2.2); however the decrease in pH is 
slight compared to that observed in laboratory experiments 
[Mottl and Seyfried, 1980]. Nevertheless, the outcome of the 
calculations does agree with laboratory experimental results in 
that both show near-neutral pH solutions at the conclusion of 
the experiments. Except at 300øC, the calculated curves at 
each temperature step show an initial decrease in pH at low 
values of reaction progress followed by a sharp increase at 
high values of reaction progress. The lowest pH reached is 
•5.25 at 350øC, corresponding to the value of reaction 
progress where the fluid is also saturated with respect to 
quartz. In all of the above discussion, it should be remembered 
that the pH of a neutral solution changes from 7.0 at 25øC to 
6.0 at 100øC and 5.5 at 350øC. 
Table 1 shows the predicted values of element or species 
concentration in solution at the conclusion of each isothermal 
calculation, for comparison with the starting solution and the 
range of concentrations observed in analyzed samples of hy- 
drothermal fluids from 21øN on the EPR [Von Damm et al., 
1985]. Several of the predicted concentrations in the modeled 
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350øC hydrothermal endmember agree well with actual sam- 
ples of the 350øC hydrothermal fluid. Mg and SO,• con- 
centrations drop to essentially zero, in agreement with obser- 
vations. Silica increases to a value in accord with observation 
during a portion of the 350øC calculation (Figure 17), al- 
though it is somewhat lower at the end-point of the 350øC 
calculation. The EPR hydrothermal fluid is apparently satu- 
rated with respect to quartz [Von Damm et al., 1985]. 
Prediction of C1 concentration is in line with observation; 
dissolved C1 increases throughout the calculations only as a 
result of the concentrating effect of H20 loss from solution 
and uptake by the altered portions of the rock. In reality, 
some C1 is also consumed by uptake into amphiboles, a pro- 
cess which has not been considered in these calculations and 
which may account for the lower end of the C1 range observed 
in the EPR fluids. Predicted Na concentration is slightly 
higher than that actually observed in the EPR fluids. Calcu- 
lated K concentration initially decreases at low temperature 
and subsequently increases to a value which agrees well with 
EPR observations. Calculated H2S concentration is somewhat 
higher than observed, and can be related to the amount of 
sulfur entering the solution from fresh basalt and whether or 
not saturation of the solution with respect to sulfide phases is 
reached. When no sulfur is added from the basalt, calculated 
H2S concentrations are considerably lower than observed. A 
basalt with a lower sulfur content than the one used in these 
calculations should yield a closer agreement between predicted 
and observed H2S concentrations. 
Less agreement is seen between calculated and observed 
concentrations of Fe, A1 and Ca, and pH (see below). Al- 
though the calculated Fe concentrations at lower temper- 
atures are reasonable, at the end of the 350øC step the predic- 
ted values are about 30 times those observed. Fe is also in- 
creasing very rapidly with log • near the end of the 350øC step 
(Figure 17). This is probably related to the inadequacies of the 
thermodynamic data base in not allowing for the formation of 
Fe-rich solid solutions in the computer model. It might also be 
accounted for by some precipitation of Fe-rich minerals in the 
hydrothermal conduit during ascent of the fluid, just prior to 
reaching the sea floor. We know that abundant Fe sulfides are 
indeed precipitated there. In any case, this is not such bad 
agreement considering that Fe concentrations must increase 
approximately 6 orders of magnitude from the initial cold 
seawater to the observed hydrothermal endmember, and our 
calculations show an Fe increase of about 7 orders of mag- 
nitude. 
A1 concentration in solution initially increases, then de- 
creases, but reaches a final value which is high compared to 
the observed concentrations. Much of the excess A1 in solution 
could be taken up by A1 substitution into amphiboles. As little 
as 1 weight percent substitution of A1 into the amount of 
tremolite predicted at 350øC would require more A1 than is 
present in the solution. Note that at 250 ø and 350øC, the A1 
concentrations are enormous and are increasing very rapidly 
with log •, extensive reaction at 350øC is required to drop the 
A1 values anywhere close to the observed EPR value (Figure 
16). 
Ca concentration also presents a problem, initially increas- 
ing, then decreasing in accord with laboratory experiments as 
well as whole-rock bulk chemical alteration trends. However, 
the final Ca concentration predicted is an order of magnitude 
below that observed in the EPR fluids. Na substitution for Ca 
in amphibole would have the effect of simultaneously reducing 
the quantity of Na predicted and increasing the amount of Ca 
in solution. Lack of consideration of solid solution between 
clinozoisite and epidote, of Fe and A1 substitution in am- 
phiboles, and of chlorite and smectite solid solutions may con- 
tribute substantially to the minor problems in the predicted 
Fe, Ca and A1 concentrations of the aqueous fluids. 
The final oxygen fugacity calculated is approximately 1 log 
unit below the value estimated for the EPR fluids, based on 
assumed equilibrium between dissolved CO2 and CH,• con- 
centrations reported by Welhan and Craig] [1983]. Dissolved 
H 2 concentrations [Welhan and Crai•], 1983] yield a similar 
log oxygen fugacity and because of the inherent uncertainties 
in the measurements and the assumptions of equilibrium, we 
consider the calculations to represent good agreement. 
Isotopic Compositions of the Fluids 
Values of g•so and gD of the evolving hydrothermal solu- 
tion as a function of reaction progress and temperature are 
shown in Figures 18 and 19. At low temperature the alteration 
products are generally rich in •so (see above) and g•80 of the 
solution decreases, dropping most sharply at the lowest tem- 
perature considered, in this case, 100øC (Figure 18). g•sO.2 o 
continues to decline at 150øC, reaching a low value of about 
-0.2 per mil. Not until midway through the reaction at 250øC 
does g•so.2 o increase back to its initial value of 0 per mil. 
Further reaction with basalt at 300 ø and 350øC results in a 
more rapid increase in g•so.• o until the 350øC reaction is 
terminated at the point where g•so.2 o ,• + 2.0 per mil, which 
is the value reported by H. Craig (personal communication, 
1984) from measurements on the EPR fluids. 
In contrast to g•so, the gD of the solution increases at all 
temperatures, because there is negligible, if any, input of H 
from the fresh basalt, and the ADmin_H2 o fractionations for 
hydrogen are nearly all less than 0 except at very high temper- 
atures outside the range of this study. The least rapid increase 
in 6D.2 o (Figure 19) occurs at 250øC because the ADmin_H20 
fractionations for some of the minerals forming the alteration 
assemblage are close to 0 (Figure 3). 5D.•o increases fairly 
rapidly at 350øC to a value of ,• + 2.6 per mil at the termina- 
tion of the 350øC reaction. This is in excellent agreement with 
the value of +2.5 measured by Craig et al. [1980] for EPR 
hydrothermal fluids. 
Although 5•sO.2 o is controlled primarily by temperature of 
interaction, gD.•o is chiefly affected by the identity of the 
alteration products. For example, over 50% of the hydrogen is 
taken up by clays during low-temperature alteration and by 
Fe-rich chlorite during high-temperature alteration. This ac- 
counts for the sharp increase in c•D.•o at the higher temper- 
atures because of the large negative AD fractionations em- 
ployed for Fe-rich chlorites. 
Variations in g•so and gD of solution as a function of 
water-rock ratio over the temperature range employed are 
shown in Figure 20. High water-rock ratios correspond to low 
temperature, where only a small amount of rock has inter- 
acted with a given packet of fluid. At high temperatures this 
same packet of fluid has traveled through and interacted with 
considerably more rock, corresponding to low water-rock 
ratios. The lower diagram in Figure 20 shows the decrease and 
subsequent increase in g•so of the solution as a function of 
temperature to a final value of +2 per mil at water/ 
rock ,• 0.56. Below this curve a second curve is shown for a 
similar series of seawater-basalt interactions from 2øC up to 
350øC. Note that the final g•so of this latter solution at wa- 
ter/rock • 3.2 is still <0 per mil. This gives some indication of 
the proportion of low- and high-temperature interaction that 
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Fig. 21. Mg and SO 4 concentration (mmol/kg) and pH of an 
evolving solution corresponding to a high water-rock ratio, low-pH 
path, plotted as a function of log reaction progress. Contours are 
temperature in øC. Reaction at each temperature xcept 100øC begins 
with a solution composition corresponding to that at the termination 
of the solid portion of the curve at the next lower temperature. The 
dashed portion of the curves exhibits the changes in concentrations, 
had we considered continued reaction at each temperature. 
a given packet of fluid must undergo to exhibit a + 2 per mil 
6•80 signature, as measured for exiting hydrothermal fluids at 
21øN on the EPR. 
Calculations at High Water-Rock Ratios 
Observations summarized by Mottl [1983] that the pH of 
hydrothermal solutions produced in laboratory experiments 
initially becomes quite acidic and remains so while Mg con- 
centration is high and water-rock ratio is greater than 50 are 
further supported here by a set of computer calculations at 
high water-rock ratio. This series of calculated reaction paths 
from 100ø-350øC is the outgrowth of an attempt to find a 
possible path resulting in an acidic fluid similar to those actu- 
ally sampled at 21øN. 
The solution composition generated by this series of calcu- 
lations at a water/rock of about 150 does indeed exhibit an 
acidic pH of around 3.5 at 350øC. However, low pH and satu- 
ration of the fluid with respect o quartz are the only simi- 
larities between the calculated fluid composition and the 21 øN 
analyzed fluid compositions. Mg and SO4 concentrations 
remain high, and 6D and g•80 of the fluid remain close to 0. 
Although this series of calculations in no way represents the 
hydrothermal endmember that is currently exiting from vents 
on the EPR, it may correspond to the low-temperature, high 
water-rock ratio fluids at shallow levels in the pillow basalts 
or in off-axis circulation systems. 
Dissolved Mg and SO4 and pH are shown in Figure 21 as a 
function of reaction progress and temperature from 100 ø- 
350øC. The results of the calculations at 100øC are identical to 
those shown in Figures 4 and 15, 16, and 17. However, the 
solution composition used to initiate the 150øC reaction in 
Figure 21 is taken from log • •-, -2.2 at 100øC rather than 
log • •-, -0.9 as in the former set of calculations. The termina- 
tion of each isothermal calculation shown in Figure 21 is rep- 
resented by the end of the solid curve. The dotted portion of 
the curve at higher values of reaction progress shows the re- 
sults if the calculation had been carried further. At each tem- 
perature, reaction is terminated at the point where the lowest 
value of pH is reached. Therefore, the pH of •-, 3.5 for the 
350øC solution is as low a pH as could be calculated with this 
procedure. However, note that the low pH at each temper- 
ature corresponds to high Mg and SO• concentrations in the 
solution. When Mg begins to drop (dotted portion of curves in 
Figure 21), SO• also drops and pH rises dramatically. This is 
in accord with observations by Seyfried and Bischoff [1977], 
summarized by Mottl [1983], who showed in laboratory ex- 
periments that pH rises from acidic levels to near-neutrality 
once Mg concentration drops. 
Alteration products precipitated along this reaction path 
are summarized as a function of temperature in Figure 22. 
Predominant products are Mg-saponite, chlorite, and musco- 
vite plus small amounts of hematite and pyrite at 100 ø and 
150øC, and chlorite, talc, anhydrite, quartz and hematite 
above 200øC. These results correspond well to the chlorite- 
quartz-rich rocks described by Mottl [1983] as typical alter- 
ation products at high (> 50) water-rock ratios. 
SUMMARY AND CONCLUSIONS 
We have attempted to model the chemical, mineralogical, 
and isotopic effects of hydrothermal circulation of seawater at 
a midocean ridge, where seawater presumably encounters 
fresh basalt, diabase, and gabbro at decreasing water-rock 
ratios with depth and increasing temperature up to a maxi- 
mum temperature of approximately 350øC. Our results are 
summarized in schematic fashion in Figure 23, which shows a 
hypothetical path taken by a packet of fluid that will eventual- 
ly exit at a MOR vent. Also shown are schematic flow lines for 
lower-temperature, off-axis fluids. The model is realistic be- 
cause it provides for sharply increasing temperatures and de- 
creasing water-rock ratios as the fluid approaches the top of 
the magma chamber. The effective water-rock ratio, defined by 
the amount of rock that chemically interacts with a given 
amount of initial fluid, decreases downward because: (1) much 
fluid that circulates at shallow depths in the low-temperature 
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Fig. 22. Summary of predicted alteration phases as a function of 
temperature, corresponding to a calculated high water-rock ratio, 
low-pH path, part of which is shown in Figure 21. 
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Fig. 23. Schematic illustration of the model described in this paper, showing a hypothetical path taken by the fluid 
from its initial penetration of seafloor basalts at low temperature, its circulation downward to the magma-chamber 
contact, and finally to its eventual exit at 350øC from MOR vents. Cumulative water-rock ratio, percent reaction progress, 
and 6x8OR2 o are shown along the two symmetrical path-lines ateach 50øC temperature step at which the calculations were 
carried out. The temperatures increase and the effective water-rock ratios decrease very rapidly with depth. The calcula- 
tions lead to a sharply increasing rade of hydrothermal metamorphism downward and they provide a good match with 
the assemblages actually observed in nature. In the near-surface environment, saponite-bearing assemblages form at high 
water-rock ratios as a result of low-temperature interaction of the fluids with submarine basalts. With increasing depth, 
these assemblages are replaced by prehnite-bearing transitional greenschist assemblages, and eventually by true greenschist 
assemblages formed at 300ø-350øC. Pressure ranges from approximately 250 bars at the seafloor to approximately 500 
bars at the top of the magma chamber [Von Darnrn et al., 1985]. All of the model calculations were performed at a 
constant pressure of 500 bars, but this is a reasonable assumption because variations over this limited pressure range have 
little or no effect on the calculations. It is also assumed that no significant alteration of the fluid occurs during its trip from 
depth to the seabed interface. Details concerning the calculated mineral assemblages and calculated chemical and isotopic 
compositions of the fluids at each temperature step are shown in Figures 4 to 20. 
regions does not reach the high-temperature regions at depth, 
and (2) reaction rates are more rapid at high temperature, 
implying that more rock will interact with a given packet of 
water per unit time in the high-temperature regions of the 
hydrothermal system. Note that the effective water-rock ratio 
is a material-balance parameter that is meaningful only for a 
system of sufficient size (e.g., a significant portion of the entire 
MOR hydrothermal circulation system). This parameter is not 
related in any simple way to the actual amount of H20 that 
may interact with a cubic meter of rock' for example, in the 
active upflow region beneath a MOR hydrothermal vent, the 
integrated mass flux of H,•O can easily be as high as 6 x 106 
kg/m 2, which in weight units translates into an integrated 
water-rock ratio of 2000 for the cubic meter of basalt [Norton 
and Taylor, 1979' Cathles, 1983]. 
Although appreciable water clearly must penetrate into re- 
gions with temperatures above 350øC, we are assuming that 
that component of the fluid does not contribute significantly 
to the upflow zone at the ridge crest, at least in the active 
venting situation presently observed on the East Pacific Rise. 
Water-rock ratios of about 0.5 are necessary to obtain the x80 
and D enrichments observed in the EPR hot-spring fluids 
(Figure 23). Our calculations indicate that the major propor- 
tion of the water/rock interaction had to take place at at least 
300ø-350øC in order to produce the appropriate isotopic sig- 
natures in the fluids. 
Calculated alteration assemblages in this work are in good 
agreement with observations on dredged samples from the 
oceans and in ophiolite complexes; these include saponites at 
low temperatures, Mg-rich and chloritic assemblages at high 
water-rock ratios, and epidote-chlorite-actinolite (tremolite)- 
albite assemblages at high temperatures and low water-rock 
ratios. The calculated concentrations of the major elements in 
the evolved fluid also agree substantially with analyses made 
on actual samples of the 350øC hydrothermal endmember. 
There are two important discrepancies between the calcula- 
tions (or the laboratory experiments) and the sampled hy- 
drothermal solutions: pH and saturation state of the solution 
with respect to certain minerals. 
The lowest pH reached in the main set of reaction-path 
calculations is 5.25, and most laboratory experiments conduct- 
ed to date also exhibit similar, near-neutral pH values except 
(1) in the initial stages of the experiments where Mg con- 
centration is still high [Mottl, 1983], or (2) at 400 ø to 500øC 
[Mottl et al., 1979]. The sampled 21øN-EPR solutions have a 
pH in the range 3.3 to 3.8 (25øC measurements) and are satu- 
rated only with respect to quartz [Von Datum et al., 1985]. 
Solutions sampled from 13øN on the EPR also have low pH 
values: approximately 3.8 to 3.9 for the samples with the 
smallest component of seawater mixing [Michard et al., 1984]. 
The pH and mineral saturation problems are related. In- 
creasing the pH from 3.5 to 5.5 will result in many silicates 
being closer to saturation, even with no other change to the 
solution but an adjusted Na value to maintain charge balance. 
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For example, if the 21øN EPR fluid composition given in 
Table 1 is considered to have a pH of 5, calculated affinities of 
the minerals show that the resulting solution would be close 
to saturation with respect to albite, epidote, prehnite and 
anorthite, among others. Slightly higher A1 contents would 
result in saturation of the fluid with respect to many of these 
phases, and this problem is most likely attributable to poor 
thermodynamic data on aqueous Al-complexes, or to a lack of 
consideration of solid solutions. Note that the state of satu- 
ration of the fluid with respect to quartz is not substantially 
affected by changes in pH alone. 
A contrast to midocean ridge solutions is found in geother- 
mal solutions from Iceland, which also formed from seawater 
flowing through basalt. Solutions from Svartsengi 
[Ragnarsddttir et al., 1984] more closely resemble the results 
of calculations presented here in that they exhibit high pH 
values (• 5.4) and are saturated with respect to several min- 
erals observed in drill cuttings from the hydrothermally al- 
tered zone in the tholeiitic basalt, including quartz, calcite, 
albite, chlorite and epidote. Our calculations predict 
greenschist-facies alteration of basalt, including formation of 
chlorite, epidote, actinolite, and quartz at 350øC. The solution 
is, therefore, obviously saturated with respect to the alteration 
products that have precipitated from it. It appears on the basis 
of laboratory experiments and analyses of geothermal water, 
such as those at Svartsengi, that this process occurs at neutral 
pH, between 5 and 6, much the same as the pH calculated 
here. 
Several possibilities remain which could account for this 
discrepancy in pH. These include pressure effects occasioned 
by the fluid's ascent up the conduit, inaccuracies in the 
measurements at 21øN (and at 13øN), possible selective pre- 
cipitation of some minerals from the fluid or degassing of the 
fluid before the measurements are made, inaccuracies or omis- 
sions in the thermodynamic data base used to calculate the in 
situ pH values from the 25øC values, or the possibility that we 
have overlooked a major, pH-affecting process which occurs 
before the fluids vent. Also, there may have been some addi- 
tion of high-temperature magmatic H20 at depth, or possibly 
water/rock interaction occurred at higher temperatures than 
considered here (400ø-450øC), and then during ascent there 
was more extensive cooling than we have envisioned (mixing 
with cooler fluids ?). We are left with a puzzle that will require 
further work to sort out. 
The results of the calculations presented here seem to vali- 
date the selected hydrogen isotope fractionation curves used 
in this work, at least over the temperature range for which 
they have been employed (Figure 3). Calculations of fDa2 o for 
the same temperature/water-rock interaction paths shown in 
Figures 4 to 9, but utilizing different D/H fractionation curves, 
give values that are markedly different from the observed deu- 
terium enrichments of + 2.5 per mil in midocean ridge hot 
springs. For example, assuming a constant D/H fractionation 
curve of Amin_H20 -'--20 for all minerals results in a final 
fDa2o = q- 1.2 per mil, a value too low by half. If Amin_H20 -' 
--60, the calculated fDI•2O = q- 3.5, which is too high. Clearly, 
the average value of Ami•_• o over the reaction path con- 
sidered in this work must be about -40, which is in fact very 
close to the average measured difference between seawater and 
hydrothermal OH-bearing minerals obtained from marine 
dredge hauls and ophiolite complexes. 
At high water-rock ratios, f Oa•o and fD•o are affected 
primarily by temperature of interaction (and composition of 
the mineral phases in the case of fiD). However, when the 
water-rock ratio is less than 10, fx8Oa• o and fDa2 o also 
become sensitive to the value of the water-rock ratio. This is 
best illustrated by the curves shown in Figure 20, which repre- 
sent the dependency of fx8Oa• o and fDa•o on temperature 
and water-rock ratio for the particular "path of interaction" 
utilized in the present study, and described in detail above. 
The fact that calculated gx8Oa• o and fDa• o simultaneously 
attain values substantially in agreement with those reported 
for midocean ridge hot springs at a cumulative water-rock 
ratio of 0.56 argues strongly that the particular combination 
of amount of interaction at the chosen temperatures is an 
adequate description of how these hydrothermal fluids could 
have evolved. The proportion of high-temperature to low- 
temperature interaction must be large in order to produce the 
positive f•80 anomalies actually observed in the hot-spring 
fluids_ ,quhqtantia! amounts of interaction at low temperatures 
will result in negative fx8Oa2 ovalues and indeed, any interac- 
tion at all between seawater and basalt below approximately 
200ø-250øC will decrease f x8Oa• o, as demonstrated in this 
study and that by Stakes and O'Neil [1982]. Although it is 
quite likely that off-axis hydrothermal alteration at low tem- 
peratures is occurring and does result in negative fx8Oa• o 
values, it is clear that the fluid sampled at the MOR vents 
cannot have undergone any substantial stage of low- 
temperature, low-water/rock interaction with newly-formed 
oceanic crust. If it had, it would be virtually impossible to 
produce the observed f x 80}h o value of + 2 per mil. 
The lightly dashed lines in Figure 20 illustrate approximate 
water-rock ratios for both oxygen and hydrogen that must be 
attained if the observed isotopic ratios are to result from a 
maximum temperature of interaction of 300 ø' or 250 ø rather 
than 350øC as assumed in this study. At 300øC, the water-rock 
ratio required to attain f x80}h o= + 2 per mil is •0.3, and to 
attain a fDH20 -- q-2.5 per mil, it is •0.2. At 250øC these 
water-rock ratios are 0.04 and 0.015, respectively. A maximum 
temperature of alteration above 350øC would result in attain- 
ment of the appropriate c5t80 and fD values of the vent fluids 
at somewhat higher wa•ter-rock ratios. Note, however, that 
only at 350øC are the appropriate fx80 and fD values for the 
fluid of + 2.0 and + 2.5, respectively, achieved simultaneously 
at approximately the same value of water-rock ratio. 
Muehlenbachs and Clayton [1976] proposed that hy- 
drothermal circulation within the oceanic crust "buffers" the 
f x80 of ocean water as a result of a near-perfect cancellation 
of the x80 enrichment of seawater due to high-temperature 
alteration by a corresponding x sO depletion resulting from 
low-temperature alteration. Support for their hypothesis was 
obtained by a material-balance integration of a fx80 profile 
through a section of the Samail ophiolite in Oman [Gregory 
and Taylor, 1981]. In the present study, we have emphasized 
the need for a higher proportion of high-temperature (300 ø- 
350øC) alteration products to produce the +2 per mil f•80 
value observed in the EPR exiting hot springs by H. Craig 
(personal communication, 1984). Obviously, if this were the 
only process affecting the isotopic composition of seawater, 
the effect would be to produce an increasing f x80 of ocean 
water with time as a result of hydrothermal alteration of the 
oceanic crust. However, the process producing ridge-crest hot 
springs, which is responsible for the positive fx80,2 o anoma- 
ly, is apparently only a relatively shallow, axial process, affect- 
ing perhaps the upper 2 to 3 km of the oceanic crust; it clearly 
cannot represent he whole story. 
Active hot springs have not, to date, been observed off-axis. 
Off-axis circulation cells probably involve larger quantities of 
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water, and they certainly involve lower temperatures than do 
those in the immediate neighborhood of the ridge-crest 
(Figure 23). Seawater-basalt interaction at temperatures less 
than approximately 200øC results in negative 6•8OH2 o values; 
thus, extensive off-axis circulation at low temperatures could 
serve to cancel the effects of the positive 6180 fluids venting 
from the ridge crests. The 618OH2 o results of two calculated 
paths shown in Figure 20 indicate that low-temperature alter- 
ation possibly lowers 6180 of seawater to -0.2 to -0.5. 
These values would require that approximately 4 to 10 times 
the volume of water circulate through the off-axis circulation 
systems with a concomitant reduction in 6180 in order to 
cancel the ridge-crest enrichment of 180. If the low- 
temperature effects on 618OH20 are not as negative as suggest- 
ed here, an even larger volume of water would be required to 
circulate through the off-axis systems in order to achieve the 
"buffering" effect on seawater of 6180 proposed by Muehlen- 
bachs and Clayton [1976] and Gregory and Taylor [1981]. 
The problem is compounded by the fact that in this work we 
have also ignored the truly high-temperature, very deep (> 3 
km) circulation of exchanged sea water down along the flanks 
(and underneath T) the MOR axial magma chamber. Although 
Gregory and Taylor [1981] showed that this circulation in- 
volves a very low water/rock ratio (• 0.2), in the Oman ophio- 
lite its isotopic effects are significant, because they are ob- 
served throughout a large part of the lower oceanic crust, at 
least down to the MOHO. To even a greater degree than the 
shallow, axial system considered extensively in this study, the 
deep system also produces marked 180 depletions in the 
rocks; thus, its effects must also be counter-balanced by an 
appropriate amount of low-temperature, off-axis hy- 
drothermal activity and submarine weathering. In order to 
obtain a complete picture of the isotopic, chemical, and miner- 
alogical alteration of the entire oceanic crust, future computer- 
modeling studies should include provision for the effects of the 
deep hydrothermal circulation, as well as the off-axis hy- 
drothermal alteration. Unfortunately, at the present time, ap- 
propriate high-temperature thermodynamic data (>400øC) 
are almost nonexistent, and most of the constraining parame- 
ters for the low-temperature circulation are also very poorly 
known. 
In contrast to the 6180 effects described above, the hy- 
drothermal alteration of oceanic crust has a much different 
effect on the 6D of seawater. The 6D of seawater should stead- 
ily increase at all temperatures of hydrothermal interaction up 
to approximately 700øC. This is attributable to the fact that 
fresh basalt contributes essentially no H to the system, and all 
hydroxyl-bearing minerals formed as a result of hydrothermal 
alteration exhibit negative 6D values compared to H20 
(Figure 3). Because ocean water is a substantially larger reser- 
voir of hydrogen relative to the whole earth than it is for 
oxygen, the steady increase in 6D of ocean water would take 
place very slowly. It is also probably counterbalanced by recy- 
cled H20 from subducted hydrous minerals in the form of 
emanations of low-D magmatic H20 elsewhere in the world 
[Taylor, 1974]. Even though there are still many gaps in the 
required data-base, it would be useful to carry out a complete 
material-balance computer modeling study of both the D/H 
and the '-80/'-60 in the oceans, taking into account these 
other factors, as well as the predictions of the present work. 
Integrated chemical and stable-isotope models such as the 
one presented here can also be used to place important con- 
straints on other types of (on-land) hydrothermal systems, in 
addition to seawater-basalt hydrothermal circulation. A1- 
though less information is typically available for the high- 
temperature parts of active systems on continents, the possi- 
bility of imposing constraints on temperatures, temperature 
gradients, pressures, and water-rock ratios suggest hat similar 
computer models that combine a chemical and stable isotope 
approach may prove to be very useful. 
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